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 La partie "remerciements" n'est pas la plus simple à écrire. Tout d'abord parce que c'est la 
partie par laquelle les lecteurs commencent le manuscrit, mais surtout parce qu'elle résume une thèse 
sur le plan humain. C'est à mon sens ce qui pourrait représenter le mieux mes trois années passées sur 
ce projet. Je définirais ma thèse avant tout comme une aventure humaine, composée de rencontres, de 
partage, de découverte, de bons moments, mais aussi de difficultés, de doutes, de déceptions et de 
leçons d'humilité. Je dois dire que je n'ai pas vu le temps passer, les difficultés auront été nombreuses 
et les enseignements très riches. J'ai dû frayer mon petit bonhomme de chemin entre les mondes 
tortueux de la science, des relations humaines et de la réalité des expériences de terrain. Cela n'aura 
pas été simple de composer avec les différents intérêts mis en jeu, d'accepter et de faire accepter d'être 
parfois dans la contradiction pour pouvoir avancer. J'en retiendrais beaucoup de choses, à commencer 
par une certaine leçon d'humilité et de philosophie. Toutefois, même si le cheminement n'aura pas été 
aussi linéaire que je l'aurai souhaité, j'ai le sentiment d'être arrivé au bout de ce que je voulais faire, ce 
qui est le plus important. 
 Pour commencer les remerciements, je souhaiterais adresser ma gratitude aux membres du 
jury de ma thèse, pour avoir accepté d'évaluer mon travail. En particulier je remercie les rapporteurs 
Hélène Pauwels et Luc Aquilina pour le temps qu'ils m'ont accordé et leurs nombreux commentaires et 
observations qui ont contribué à améliorer ce manuscrit. Je souhaite également remercier Anne Marie 
Aucour pour ses remarques et corrections. I would sincerly thanks Yousif Kharaka for his interest on 
my work, interesting advises, exchanges, comments, and "english corrections"... Je remercie 
également mes encadrants à commencer par mon directeur de thèse Pierpaolo Zuddas. Merci de 
m'avoir ouvert l'esprit vers des aspects scientifiques qui m'étaient inconnus au début de ma thèse et de 
m'avoir fait confiance malgré les différends que nous avons pu avoir par moments. Je souhaite 
également remercier mon second encadrant Philippe Gombert pour son aide, en particulier sur la 
préparation des travaux de terrain, pour son soutien, et pour sa disponibilité malgré son emploi du 
temps parfois chargé. Je remercie Pierre Toulhoat pour sa confiance et pour avoir partagé avec moi sa 
grande expérience de la géochimie de terrain. Je souhaite remercier de tout cœur Patrick Vuillemenot 
et Pierre Nogier, pour l'investissement passionné avec lequel ils ont pris part à l'expérience de terrain, 
et sans qui cela n'aurait jamais pu se faire. Cela aura été un réel plaisir de travailler avec vous! Un 
grand merci à Alfonso Segura, "mon stagiaire Erasmus" pour son aide très précieuse pour les mesures 
de terrain. Grâce à lui, une bonne partie des résultats ont pu être collectés. Merci également aux 
personnes de l'INERIS qui ont participé directement ou indirectement au projet lors d'échanges 
pendant les réunions d'avancements, en particulier Mehdi Ghoreychi et Christophe Didier. Merci 
également à Regis Farret, pour les nombreuses discussions que nous avons pu avoir, ses 
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encouragements et ses félicitations répétées, qui ont contribué plus qu'on ne le croit à la réussite d'un 
tel projet. 
 Je tiens bien entendu à remercier les personnes qui ont eu à me supporter en partageant mon 
bureau à l'INERIS, à savoir: Boramy, Nils, Luyen et Tatiana. Merci pour les bons moments partagés 
ensemble. Je remercie chaleureusement David pour les nombreuses discussions que nous avons eu, ses 
encouragements et son soutien. Tout cela aura, j'en suis sûr, fait avancer nos travaux respectifs. J'ai 
également une pensée toute particulière pour Christophe, sans qui une bonne partie de mes résultats 
n'auraient pas été là, merci pour ta curiosité désintéressée, ton soutien, et tout simplement pour ta 
présence auprès d'un thésard parfois démuni. Merci à Farid pour ton oreille attentive et compréhensive 
ainsi que pour tes encouragements. 
 Par ailleurs, je remercie tout mes proches qui ont eu la lourde tâche de me côtoyer au cours de 
ces trois dernières années, en m'aidant à maintenir le cap. En premier lieu je tiens à remercier mes 
parents pour leurs encouragements sans limite dans les moments difficiles. Je remercie également 
Samuel et Cédric avec qui j'ai pu "vider mon sac en vidant quelques bières". J'adresse également un 
grand merci à PE et à Marco, grâce à qui j'ai pu avoir un regard extérieur sur ma thèse. Merci aussi à 
Antoine pour tout ce qui vient d'être dit et aussi pour m'avoir ouvert en grand la porte de ton appart' à 
Lyon chaque fois que j'en ai eu besoin. 
 Pour finir je remercie celle qui se reconnaitra, pour avoir accepté de partager sa vie avec un 
thésard parfois colérique et difficile à vivre. Merci pour ton soutien, ta patience, l'affection et la 
compréhension dont tu as su faire preuve et qui m'aura plus qu'aidé pour tenir jusqu'au bout de ce 
projet.  














 The aim of this thesis was to investigate hydrogeochemical perturbation induced by CO2 in 
aquifers. In a first step, we used chemical data from natural CO2-rich hydrothermal water. We studied 
variation of fluid chemical composition as a function of CO2 content in order to evaluate reactivity of 
minerals composing the initial reservoir. Fluid chemical analyses showed decrease in pH, and 
systematic enrichment in alkalinity and major cations correlated to increase in CO2 content. Chemical 
reaction was studied by kinetic approach to estimate variation of mineral reactive surface area as 
function of CO2 perturbation. Results showed that mineral reactive surface area could varied by two to 
four orders of magnitude as a function of CO2 perturbation. 
 In a second step a field experiment consisting on injection of water saturated with CO2 in 
aquifer was performed following a single well push-pull test protocol. Analysis of groundwater 
composition before and after injection allowed to study the impact of CO2 perturbation on water-rock 
interaction processes. A particular focus was made on dissolved metals behavior. Results showed a 
decrease in pH (from 7.3 to 5.7), involved with enrichment in alkalinity by a factor two, and a weak 
increase of nearly 30% in bivalent cations Ca2+ and Mg2+. The production of alkalinity, Ca2+ and Mg2+ 
was correlated to dolomite dissolution. Further, we observed an enrichment of approximately one 
order of magnitude for dissolved metals (Fe, Mn, Zn) and by a factor two for As. Saturation index 
calculation showed that dissolution of metals hydroxide such as ferrihydrite was correlated to iron and 
other metals release.  A method based mass transfer calculation allowed us to evaluate the effect of 
transport and mixing on measured elements concentration and to estimate the rate of metals release by 
kinetic approach. Results indicated that dissolution of metals oxides obeyed to a complex order 
reaction.  
 This work highlighted that for long term safety of CO2 storage site, physico-chemical 
properties of formation water and reservoir rock must be evaluate precisely. Geochemical model used 
to evaluate CO2 perturbation have to performed with constrain on source term (i.e. chemical reactions, 
mineral reactive surface area) to predict the evolution of water-rock equilibrium and to prevent the risk 





Introduction ........................................................................................................................................... 8 
1. Hydrogeochemical perturbation by CO2 in a natural system: application and concept ...... 10 
1.1. CO2 geological storage: general concept ........................................................................... 11 
1.2. Feedback from natural and artificial CO2 perturbation in natural system and potential 
environmental issues ....................................................................................................................... 13 
1.2.1. Safety of CO2 geological sequestration sites ................................................................. 13 
1.2.2. Potential impact for water resources ............................................................................. 14 
1.2.3. Feedback from natural analogues .................................................................................. 16 
1.3. CO2-water-rock interaction process .................................................................................. 18 
1.3.1. CO2-water-rock equilibrium and kinetic of reaction ..................................................... 18 
1.3.2. Kinetics of reaction........................................................................................................ 19 
1.3.3. The mineral reactive surface area .................................................................................. 22 
1.4. Perspectives and main focus ............................................................................................... 24 
2. Kinetic approach to estimate the mineral reactivity in response to CO2 perturbation ........ 25 
3. Field experiment of CO2 injection .............................................................................................. 48 
3.1. Introduction ......................................................................................................................... 49 
3.2. Material and methods: ........................................................................................................ 51 
3.2.1. Experimental site: Geology, lithology ........................................................................... 51 
3.2.2. Borehole logging ........................................................................................................... 54 
3.2.3. Hydraulic test and aquifer characteristics ...................................................................... 55 
3.2.4. Push-pull test ................................................................................................................. 58 
3.2.4.1. Injection zone and in-situ monitoring ........................................................................ 59 
3.2.4.2. Injection extraction protocol ...................................................................................... 62 
3.2.5. Sampling protocol ......................................................................................................... 64 
3.2.6. Field Measurement ........................................................................................................ 66 
3.2.6.1. pH, Redox, alkalinity measurements ......................................................................... 66 
3.2.6.2. FeII measurements ..................................................................................................... 68 
3.2.7. Laboratory measurement ............................................................................................... 69 
3.2.8. Calculation Method ....................................................................................................... 71 
3.2.9. Redox Measurement and calculation ............................................................................. 71 
3.2.10. Graphs of Concentration Plot ........................................................................................ 71 
3.3. Results................................................................................................................................... 72 
3.3.1. pH-Alkalinity and major elements cocentrations .......................................................... 72 
7 
 
3.3.2. Cl-,SO42-, Na+, K+ and F- concentrations ....................................................................... 77 
3.3.3. Minor and trace metals behavior ................................................................................... 81 
3.3.3.1. Metal speciation......................................................................................................... 81 
3.3.3.2. Iron behavior and redox perturbation ........................................................................ 84 
3.3.3.3. Manganese behavior .................................................................................................. 91 
3.3.3.4. Arsenic behavior ........................................................................................................ 93 
3.3.3.5. Zinc behavior ............................................................................................................. 94 
3.3.3.6. Molybdenum behavior............................................................................................... 96 
3.3.4. Effect of fluid dynamic on chemical concentration ....................................................... 97 
3.4. Estimation of in-situ reaction rate of metal release calculation ...................................... 98 
3.4.1. Mass transfer balance .................................................................................................... 99 
3.4.2. In-situ rate of release estimation .................................................................................. 103 
3.4.3. Influence of pH and pCO2 on rate of release ............................................................... 107 
3.4.4. Discussion ................................................................................................................... 108 
3.4.5. Estimation of reactive surface area of iron oxide ........................................................ 111 
3.4.5.1. Influence of mineral reactive surface area ............................................................... 111 
3.4.5.2. Kinetic rate of reaction calculation and estimation of reactive surface area ........... 111 
3.5. Conclusion on field experiment ........................................................................................ 115 
4. General conclusion .................................................................................................................... 117 






Carbon capture and sequestration (CCS) technology is one prominent and feasible approach to help 
mitigate impacts from increasing rates of CO2 release from emission point sources. The technology, in 
its most simplistic description, involves the capture of CO2 from an industrial source, such as a coal-
fired power plant, compression and transport of CO2 to an injection site, and finally its sequestration to 
a deep underground geologic formation for long-term storage. Sedimentary basins in general and deep 
saline aquifers in particular, are being investigated as possible repositories for large amounts of 
anthropogenic CO2 that must be sequestered to stabilize atmospheric CO2 concentrations (Bachu 2003; 
White et al. 2003). These basins are attractive for CO2 storage, because they have huge potential 
capacity, estimated globally at up to 11,000 Gt of CO2, and advantageous locations close to major CO2 
sources (Holloway 1997; Benson and Cook 2005). Although, in the long geologic time scale the 
sequestered bulk CO2 is unlikely to escape because of various trapping mechanisms, such as solution, 
physical, and mineral trapping, slow leakage of buoyant CO2 or CO2 saturated brine even under 
favorable storage conditions may occur (Karamalidis et al 2013, Kharaka et al 2010). 
In this context, the study of CO2 perturbation in natural systems has numerous implications in both 
fundamental and applied research. The understanding of chemical species behavior over CO2-water-
rock interaction process appears as a key parameter for applications such as Carbon Capture and 
Storage (CCS), geothermic, waste water management, groundwater pollution and remediation. 
Perturbations caused by natural or artificial CO2 may modify the natural water-rock equilibrium 
occurring in deep geological reservoirs and subsurface aquifers. An important question concerns the 
possible mobilization of dissolved metal species resulting from the water acidification by CO2 
perturbation as encountered in certain natural CO2-rich fluids in geothermal fields. The behavior of 
chemical elements over CO2-water-rock interactions is dependent on acido-basic, redox and mineral-
water equilibrium processes, operating in various proportions, over different time and space scales. 
 
This thesis is focused on hydrogeochemicals modifications induced by the CO2 perturbation in 
aquifers, with special focus on water-rock equilibrium, reaction kinetics, and their on field conditions, 
with particular emphasis on metal species remobilisation. 
 
This work includes two major parts: 
The first part is devoted to the study of natural CO2 rich water from geothermal field of Galicia 
(Spain). In this study, time scale of CO2-water-rock reaction is unknown but considered as resulting 
from long term (>1000 years) process. Similarly, the space scale corresponds to a large domain of 
natural geothermal field (about 100km2). For such space and time scales, the CO2-water-rock process 
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was considered as mainly controlled by chemical reactivity and thermodynamic processes, where 
transport and fluid mixing effects can be considered negligible as a first approximation. Under these 
conditions we studied the mineral reactivity in response to natural CO2 perturbation using a kinetic 
approach that allowed to estimate the variation of reactive surface area of minerals. 
 
In the second part we performed a field injection of water-CO2 mixture in a subsurface aquifer. A 
push-pull test protocol was used to evaluate the impact of CO2 perturbation in an "equilibrated 
system". Here we focused on the behavior of trace metals. Under these conditions, the impact of CO2 
perturbation was investigated over a time scale of several days, and space scale of a small subsurface 
aquifer. In this case, the effect of transport and mixing processes had to be evaluated, and we proposed 






1. Hydrogeochemical perturbation by 




In this section is presented a general description of CO2-water-rock interaction 
processes, in term of application, environmental issues, mechanism, equilibrium 
model and kinetic of reaction. 
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1.1. CO2 geological storage: general concept  
 
One of the key issue in understanding CO2-water-rock interaction process concern the Carbon Capture 
and Storage (CCS). The concept of CCS was proposed as a potential response to the climate change in 
the early 2000s. This idea was proposed to meet the commitments undertaken in 1997 in the Kyoto 
Protocol for reducing anthropogenic emission into the atmosphere. Carbon-dioxide sequestration, in 
addition to energy conservation and increased use of renewable and lower-carbon, intensity fuels, is 
now considered an important component of the portfolio of options for reducing greenhouse gas 
emissions to stabilize atmospheric levels of these gases and global temperatures at acceptable values 
that would not severely impact global economic growth (Benson and Cook 2005 ; Holloway et al. 
2007 ; IPCC 2007 ; Lackner 2010 ; Oelkers and Cole 2008 ; Schrag 2009 ; Sundquist et al. 2009). 
Since the early 2000s, a lot of projects were conducted in both applied and fundamental research to 
develop this approach. 
 
The general concept is the capture of CO2 directly from anthropogenic sources and disposing of it 
deep into the ground for geologically significant period of time (i.e. >1000 years)(Bachu 2002). The 
objectives of this technique is to reach a storage capacity of several billion of tones of CO2 to 
significantly mitigate the amount of CO2 into the atmosphere.  
An important argument to move forward such a project is the fact that technology for deep injection of 
gas, oil, CO2 and industrial liquid waste is already well developed and widely practiced. Sedimentary 
basins in general, and deep saline aquifers in particular, are being investigated as possible repositories 
for large volumes of anthropogenic CO2 that must be sequestered to mitigate global warming and 
related climate changes (Hitchon 1996 ; Benson and Cole 2008 ; Kharaka et al. 2006, 2009). Deep 
saline aquifer have important distribution all around the globe. Further, water formation in deep 
aquifer are designed as 'brine' characterized by high mineralization and salinity, and therefore are not 
usable for water resources. 
 
Four main CO2-trapping mechanisms are considered: ‘structural’ ,‘residual’, ‘solution’ and 
‘mineral’.(Bachu 2002, Kharaka and Cole 2011). Reservoir capacity and integrity are strongly 
dependent on the trapping mechanism. Dissolved CO2 is likely to react with the reservoir and cap 
rocks, causing dissolution, precipitation and transformation of minerals, and changing the porosity, 
permeability and capacity of the reservoir, as well as impacting the extent of CO2 and brine leakage 
that, as noted by Kharaka et al. (2006, 2009) and Benson and Cole (2008) could contaminate 
underground sources of drinking water. Reservoir capacity, performance and integrity are strongly 
affected by the four possible CO2 trapping mechanisms (Benson and Cook 2005 ; Friedmann 2007 ; 
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Benson and Cole 2008 ): (1) ‘structural and stratigraphic trapping’ , where the injected CO2 is stored 
as a supercritical and buoyant fluid below a cap rock or adjacent to an impermeable barrier; (2) 
‘residual trapping’ of CO2 by capillary forces in the pores of reservoir rocks away from the 
supercritical plume; (3) ‘solution trapping’ , where the CO2 is dissolved in formation water forming 
aqueous species such as H2CO3_, HCO3-, and CO32-; and (4) ‘mineral trapping’ , with the CO2 
precipitated as calcite, magnesite, siderite and dawsonite (Gunter et al. 1993 ; Palandri et al. 2005 ; 
Bénézeth et al. 2007, 2009 ; Oelkers et al. 2008). Therefore the potential of deep aquifer CO2 
sequestration can be considered through 3 different phases such as free CO2 into the pore space, 
CO2(aq) dissolved into the aqueous phase and CO2 converted into the rock matrix. 
Those three different processes occur at different time and space scale, and are strongly dependent on 
the reservoir properties, i.e. mineral composition, porosity/permeability, temperature, pressure, and 
fluids chemical compositions. 
Deep saline aquifers in sedimentary basin considered for CO2 sequestration are usually situated 
between 800 and 4000m depth, and previous studies have showed that from 800m depth, CO2 would 
be present under the form of supercritical fluid (Bachu 2002). Considerable uncertainties and scientific 
gaps, however, exist in understanding CO2-water/brine-mineral interactions at reservoir conditions, 
because supercritical CO2 is buoyant, displaces huge volumes of formation water, and becomes 
reactive when dissolved in the formation water (Kharaka et al. 2009 ; Haszeldine 2009 ). The bulk of 
CO2 will be stored initially as a supercritical fluid, with some rapidly dissolving in formation water, 
but mineral and additional solution - trapping will be slower, yet more permanent.  The supercritical 
state is defined for a fluid by his critical point (critical point is 31,1°C and 7,38 MPa for CO2), where 
distinct liquid and gas phases do not exist. The supercritical state for a fluid and physico-chemical 
interaction with host rock are very complex to define. 
Geochemical studies are essential for providing improved understanding of CO2-water/brine-mineral 
interactions, which strongly affect storage injectivity and security. In is this work, we focuse on the 
consequences of CO2 perturbation on water-rock interaction processes, in relation with CO2 geological 
storage. In particular, we are interested on the part of CO2 which actually dissolve into the aqueous 
phase (CO2 → CO2(aq)), and which interact with reservoir rock, defined as CO2-water-rock system, and 





1.2. Feedback from natural and artificial CO2 perturbation in natural 
system and potential environmental issues 
 
1.2.1. Safety of CO2 geological sequestration sites 
 
Due to the high cost and technical issues of CO2 injection experiment in deep geological formation, 
very few results and feedbacks from field experiments are available to date. To partially fill up this 
gap, a lot of experiments have been performed in laboratory, and by numerical approach. Furthermore 
certain natural hydrothermals waters can present naturally high concentration in CO2, and can be used 
as potential natural analogs to understand the long term CO2-water-rock interaction processes.  
The safety of CO2 geological storage site must be established on case by case basis (Bachu 2002). One 
of the major risk concerns the potential for CO2 upward migration and escape into other aquifer or any 
other geological formations during or immediately after injection. This could happen mainly through 
existing natural or induced open fault, regardless of the means of sequestration. Other risks exist as a 
long term prospective, with lateral migration of CO2 in aquifer, with potential for crossing existing 
formation flow, where carbon dioxide could reach aquifers. This phenomena can happen immediately 
after injection or as a long term issue, depending on site characteristics. In both long term and short 
term, CO2 may contaminate mineral and water and may even reach the surface. The assessment of 
sequestration site safety needs to be done on the basis of better understanding in situ physico-chemical 
processes associated with CO2 injection and storage, improving numerical modeling of CO2 fate, and 
detailed knowledge of relevant site characterization. The safety evaluation will probably reduce further 
the site selection for CO2 geological sequestration. For these reasons, the understanding of CO2-water-
rock interaction processes in both long and short term, and at reservoir scale to sedimentary basin 
scale are very important. To evaluate these risks requires a detailed geologic site characterization, and 
an improved understanding of formation properties and how the injected CO2 spreads and interacts 
with the rock matrix and reservoir fluids (Bachu 2003; Friedmann 2007). Geologic formations 
typically consist of layers of rock with different porosities, thicknesses, and brine and mineral 
compositions. All of these factors, together with the presence of faults and fracture systems, affect the 
suitability of the formation as a site for CO2 sequestration. Porosity and thickness determine the 
storage capacity of the formation, and chemical composition determines the interaction of CO2 with 
the minerals in place. Also, an impervious cap rock and absence of high-permeability faults are 
necessary to prevent the sequestered buoyant CO2 from migrating to the surface. Finally, if the 
geological section consists of a series of aquifers, it is necessary to ensure that CO2 stored in a saline 





1.2.2. Potential impact for water resources 
 
Special issue concerning the potential environmental impact of CCS is the consequence of water 
contamination by CO2 leakage. A particular experiment performed in Frio, where results were 
published in 2006 and 2009 by Kharaka et al, showed a potential consequence of CO2 injection on 
formation water chemistry. This experiment constitutes one of the first feedback concerning the 
potential environmental impact of CCS.  
This experiment was performed to investigate the potential for the geologic storage of CO2 in deep 
saline aquifers. A volume of 1600 tones of CO2 was injected under supercritical state at 1500m depth 
into a 2-4m thick sandstone section of the Frio Formation, a regional brine and oil reservoir. Fluid 
chemistry was analyzed continuously before, during and after CO2 injection by sampling grouwater in 
an observation well situated approximately 30m downward the injection well. This sandstone 
formation is characterized by a mineral composition mainly constituted by quartz and feldspar, with 
minor amounts of illite, smectite and calcite. Main hydraulic barrier to CO2 leakage are constituted by 
thick marine shale beds. 
Chemical analyses of water samples obtained from well prior to injection showed that the Frio brine is 
Na-Ca-Cl type water, with a very high salinity of 93000± 3000 mg/L of total dissolved solid (TDS). 
Major chemical changes were observed as the CO2 reached the observation well, including a sharp 
drop in pH (from 6,5 to 5,7) and pronounce increase in alkalinity, from 100 to 3000 mg/L (i.e. 1,6 10-3 
mol/L to 4,9 10-2 mol/L) as bicarbonate.  
Additionally, laboratory determinations showed major increases in dissolved Fe (from 30 to 1100 
mg/L) and Mn (from 2 to 10 mg/L), and marked increase in the concentration of Ca. The most 
dramatic changes in chemistry occurred at CO2 breakthrough (Fig.1.3). 
 
Fig.1.3: Concentrations of Fe and Mn in Frio brine from June 2004 to April 2005. Note sharp increase in 




Organic matter, measured by Dissolved Organic Carbon (DOC), obtained during CO2 injection 
increased moderately from 1 to 5-6 mg/L.  
Isotopic tracer such as δ18O, δ13C, rare gas He, Ar were used to trace the CO2 plume, and confirmed 
that previous large increase of dissolved elements (HCO3-, Fe, Mn, Ca, and DOC ) were correlated to 
CO2 plume breakthrough.   
Geochemical model simulations identified rapid dissolution of minerals, such as calcite and iron oxi-
hydroxides caused by low pH brine (Karaka et al 2009). This dissolution could have important 
environmental implications with regard to creating pathways in the rock seals and well cements that 
could facilitate leakage of CO2 and brine. Further metal oxi-hydroxide minerals are known to have 
potentially large amount of trace metals such as Pb, As, Cd, Zn, U (etc.) as surface sorbed or cosorbed 
species. 
Kharaka and co-workers concluded that deep saline aquifers and depleted petroleum fields in 
sedimentary basins provide advantageous locations close to major CO2 sources and huge potential 
capacity for the storage of large amounts of CO2. However, maintaining reservoir integrity that limits 
CO2 leakage to very low levels is essential to the success of injection operations. Preventing brine 
migration into overlying drinking water supplies is also important, because dissolution of minerals 
would potentially mobilize Fe, Mn, and other metals, in addition to the chemicals of the ambient brine. 
Therefore feedback of this experience showed potential consequence for water resources, with the fate 
of potentially toxic elements, especially metal species resulting from complex behavior involved with 
CO2-fluids-minerals interaction.  
Geochemical results from Frio tests proved powerful in: (i) tracking the successful injection of CO2 ; 
(ii) detecting CO2 in the overlying sandstone; (iii) showing mobilization of metals and organics, and 
major changes in chemical and isotopic compositions of brine. Modelling and Fe isotopes indicate 
dissolution of calcite and Fe - oxyhydroxides, and well-pipe corrosion. 
Geochemical changes, including pH-lowering, alkalinity increases and metals mobilization, were also 
observed in shallow groundwater following CO2 injection at the zero-emission research and 











1.2.3. Feedback from natural analogues 
 
The use of natural CO2 - bearing geologic systems as proxies for understanding the behaviour of CO2 
in the subsurface has gained considerable momentum in recent years as various developing countries 
wrestle with the issue of storage of anthropogenic CO2 in geological formations (e.g. Pearce et al. 
2003 ; Lewicki et al. 2007 ; Fessenden et al. 2009 ; Wilkinson et al. 2009; Angelone et al. 2005 
Pauwels et al 2007; Czernichowski-Lauriol 2003). The study of these natural analogue systems can 
provide valuable insights into: (i) potential leakage or migration pathways and CO2 fluxes to the 
shallow subsurface, (ii) long - term consequences of CO2- water - rock interactions on reservoir rocks 
and cap rock seals, (iii) relative contribution by various storage mechanisms to the security of CO2 
storage for time frames in excess of those currently available to us via existing CO2 injection 
demonstration tests, and (iv) the robustness of computer modelling of water - rock interactions to 
predict behavior well beyond the limits of either bench - scale or field tests. One distinct advantage 
natural analogues provide is a snap-shot or long-lived systems that contained large amounts of CO2. A 
major difference, however, with proposed injection scenarios associated with stationary point sources 
of CO2 (i.e. power plants) is that the injection rates in the industrial systems will be much greater than 
what we typically predict for natural settings. 
Further, one of the main issue when studying natural CO2 hydrothermal source results on identifying 
and estimating the origin source of CO2. To partially filled up this gap, isotopic data such as δ13C or 
noble gas (He, Ne, Ar, Kr and Xe) can be used to categorise source the origin of CO2 (Gilfillan et al 
2008, 2009). Compounding this issue is the fact that isotopic compositions of CO2 can be altered by a 
number of different reaction pathways such as dissolution into brine or oil, and reaction with host rock 
particularly carbonates. Furthermore, it is unlikely that just one source of CO2 will dominate any given 
geologic system, so the challenge is to deploy a set of multiple geochemical tools to sort out the 
various potential sources. 
Water-rock interactions in CO2 rich geothermal fluids result from complex phenomena, involving pH, 
temperature, mixing, dynamic of dissolved carbonates, speciation phenomena, redox control, and 
mineral dissolution/precipitation.  
In particular, certain geothermal CO2 rich waters are known to contain significant concentrations in 
metals species. Further, precious metals ore deposits (Au, U, Mo, Cu, Rare earth elements) are often 
involved with hydrothermal alteration caused by geothermal fluids (Chenevoy and Piboule 2007). 
These fluids were extansively studied as a part of research projects concerning radioactive waste 
geological storage and geothermal prospection (Criaud and Fouillac 1989; Sanjuan et al. 1988; 
Michard and Beaucaire 1993; Beaucaire et al. 1987; Cidu and Bahaj 2000). Therefore, CO2 
geothermal rich fluids have been studying as natural analogs for long term CO2-water-rock interaction. 
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Some studies showed an interesting focus on long term CO2-water-rock interaction processes and 
metal species behavior (Keating et al 2010, Criaud and Fouillac 1986, Beaucaire et al. 1987).  
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1.3. CO2-water-rock interaction process 
 
1.3.1. CO2-water-rock equilibrium and kinetic of reaction 
 
Reactions occurring during perturbation of water-rock system by CO2 are mainly acido basic reactions 
(Michard 2002). Carbon dioxide dissolution in water produces carbonic acid species. This reaction is 
dependent on pressure, temperature and initial chemical composition of the aqueous species. The 
CO2(g)-water equilibrium can be calculated by the Henry’s law :.  
 
CO2(aq) = α pCO2  (1.3.1) 
α pCO2=H2CO3   (1.3.2) 
 
Where α is the Henry’s constant, which depends on pressure and temperature of the system. 
Subsurface and deep aquifer are characterized by low water/rock ratio, and by fluid in equilibrium 
with mineral composing the host rock.  
Injection of CO2 of any form into the pore water of a reservoir leads to ‘solubility trapping’. The 
solubility depends on several factors, most notably pressure, temperature and brine salinity (Spycher et 
al. 2003 ; Lagneau et al. 2005 ; Rosenbauer et al. 2005 ; Koschel et al. 2006 ; Raistruck et al. 2006). 
The chemical equilibria associated with the dissolution of CO2 in formation brine are expressed in 
equations (1.3.3)-(1.3.5): 
CO2 + H2O ↔H2CO3  (1.3.3) 
H2CO3↔ HCO3- + H+  (1.3.4) 
HCO3- ↔ CO32- + H+  (1.3.5) 
 
At pH values lower than approximately 6, carbonic acid (H2CO3) is the dominant carbonate species, 
with bicarbonate (HCO3-) and carbonate (CO32-) becoming dominant in brine at intermediate and high 
pH values respectively.At the onset of injection, the fluid in the vicinity of the well is quite acidic, 
leading to increased reactivity with the host minerals. 
Under these conditions, "equilibrium conditions" can be estimated by thermodynamic calculation. In 
such a system, we have to determinine in which conditions the water composition is fixed by reaction 
with minerals, and which are the main parameters that determine water composition. Chemical 
elements can be designed as mobile or controlled (Michard 2002, Stumm and Morgan 1996, Brantley 
et 2008). An element is designed as mobile when the maximum concentration of an element that can 
be extracted by dissolution is inferior to equilibrium concentration with neo-formed phase. A chemical 
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element is designed as controlled when his concentration is controlled by precipitation by one or 
several phases. 
To describe multi-mineral complex system, thermodynamic equilibrium can be used by calculating 
saturation with respect to one or several minerals phases. Or, as an inverse approach, determine the 
mineral phase in equilibrium with water composition. 
For example, in natural water, major cations resulting from water-rock interaction are Ca2+, Mg2+, Na+, 
K+, major anions are CO32-, HCO3-, Cl-, SO42-. These species result from water-rock interaction and are 
major constituents of natural water. Other major constituents of minerals such as Fe, Al and Si are 
usually controlled by the low solubility of neo-formed phases such as metals oxides, quartz or clay 
mineral such as kaolinites. They are present in relatively low concentration in neutral pH range of 
natural waters. pH perturbation by CO2 intrusion can significantly influence solubility of Al, Fe, Si, 
and other majors species, and modified their concentration in solution (Michard 2002, Stumm and 
Morgan 1996). By these examples we can see that water-rock reactions are complex to model and 
predict. 
Several computer codes have been developed to calculate mineral-fluid equilibrium. These are can be 
used to calculate free ionic species and speciations, saturation degrees (of solid and gaseous phases), 
masse transfers and kinetics of reaction. However, the quality of geochemical equilibrium model 
results are obviously strongly dependent on the quality of input chemical data and on the 
representativeness of used thermodynamic database. Several geochemical computer code are 
available. PhreeqC code (Packrust and Appelo 1999)was used as a part of this work. Several database 
are available, some of them are commonly used such as phreeqc.dat, wateq4f.dat or mineteq.v4.dat 
database. However, thermodynamic constant are constantly updated, especially concerning trace 
metals elements.. 
 
1.3.2. Kinetics of reaction 
 
Modeling water-mineral reactions is difficult since rocks are multi-minerals systems. Generally, rate 
laws, including kinetics and thermodynamic constrains are determined semi-empirically, including 
both laboratory experiments and theoretical aspects. Most of those laws were developed and described 
by A. Lasaga, P. Aagaard and H.G. Helgeson and their coworkers, during 1970 to late 90s. Their 
approach consisted on defining rate of mineral dissolution as a function of mineral saturation state or 
reaction chemical affinity (Helgeson et al. 1984, 1970, 1969, Aagard 1982, Lasaga A.1981,1986).  
For a simple reaction occuring at constant volume and temperature: 
 




Where A and B are reactive species and AB the product. is occurring, The rate of consumption of 
reactive A is defined at any time of the reaction: 
 
୅ ൌ െ ୢሾ୅ሿୢ୲  (1.3.7) 
 
On the other hand, the rate of production of  is defined by: 
 
େ ൌ ୢሾ୅୆ሿୢ୲  (1.3.8) 
At any time of the reaction ൌǡand can be calculated. A useful concept of reaction advancement 
introduced by T. DeDonder in 1920 can be used. This concept is defined by 
 
ȝൌ ௡೔బି௡೔ఔ೔  (1.3.9) 
 
Where ݊௜଴ is the initial number of moles of a reactant or product, ݊௜ is the moles at time t, and νi is the 
stoichiometric coefficient for that species in the written reaction. ȝ is expressed in mole. The reaction 
advancement ȝ is a time independent variable. Therefore, each chemical reaction can be viewed 
independently of time scale. This parameter can be helpful to describe a system where absolute time of 
chemical reaction cannot be quantified properly, as in the case of natural systems. This concept can be 
also used to study the evolution of a system perturbated by CO2.  




ୢ୲  (1.3.10) 
 




ୢ୲   (1.3.11) 
 
Analysis of reaction rates is usually estimated as a first approach as a function of chemical 
composition of the studied system (including gaz, fluid and solid composition). For the reaction 




 ൌ ሺሾሿȘሾሿșሾሿȪሻ (1.3.12) 
 
The exponents α, β and σ are partial orders of reaction with respect to A, B, and AB and the sum of all 
of the partial orders is the overall order of reaction. For phenomenological treatments of reaction 
kinetics, these orders are empirical and need not be integral values. Note also that no simple 
relationship need exist between the stoichiometry of an equation and the order of the reaction. In fact, 
the kinetics of many geochemical systems are only treated with a phenomenological approach where 
equations such as Eq. (1.3.12) are treated simply as fitting equations (Lasaga 1998, Brantley 2008). It 
is important to note that in contrast with thermodynamic equations, rate of reactions are defined using 
molar concentration rather than activity, in order to be consistent with physical dimension of the 
system. In the case of mineral dissolution into aqueous solution, rate of dissolution k is explained in 
mole·m-2·sec-1, where m-2 corresponds to the reactive surface area of minerals. 
Considering a single mineral dissolution reaction into aqueous solution, the maximum rate of the 
reaction is a function of the reactive surface area of mineral and the chemical reaction affinity. The 













Where  stands for the rate of dissolution per m2 of effective mineral surface area, defined in moles·m-
2·time-1, t is time in seconds, ȝdesignates the reaction advancement for the process (DeDonder, 1920, 
Helgeson, 1979) in moles, S refers to the effective surface area of the reactant mineral (which 
corresponds to the total area of active(reactant) sites exposed to the aqueous phase) in m2, n stands for 
the number of moles of the reactant mineral in the system, R designates the gas constant in cal mole K-
1, T represents temperature in Kelvin, A stands for the chemical affinity of the overall reaction in Cal 






In a complex system, where concentration are controlled by an association of different minerals, the 
kinetic rate of dissolution can be calculated by a series of mass balance equation involving the rate of 
relevant mineral phase.  
For a given system containing Ntot species and Nr reactions can be expressed as (Marini et al 2000, 
Steefel and Mc Quarrie 1996) : 
 
ܫ ή ௗ௡ௗ௧ ൌ ߥ ൉ ܴ  (1.3.14) 
 
Where I stands for the identity matrix (dimension Ntot × Ntot), n refers to the vector of solute 
concentration (length Ntot ), n is the stoichiometric reaction matrix (dimension Ntot × Nr), t stands for 
time, and R refers to the reaction rate vector (length Nr; comprising both equilibrium and kinetically-
controlled reactions). If all reactions are described with kinetic rate laws, the system of differential 
equations can be solved in time-mode, or in reaction advancement mode by substituting for the 
experimentally determined rate laws in the reaction vector R (Marini et al 2000, Sciuto and Ottonello 
1995). However, the application to practical cases and field experimental conditions, is often hindered 
by the lack of knowledge of the actual surface area of minerals that participate to fluid reactivity and 
chemical composition.  
Therefore the estimation of Reactive Surface Area (RSA) of minerals can be estimated to evaluate the 
reactivity of individual minerals in multimineral-water interaction system (Marini et al 2000, 
Sciewlevski and Zuddas 2010). 
 
1.3.3. The mineral reactive surface area 
 
As previously mentioned, one of the key input parameter to take into account for modeling and predict 
evolution of water-rock interaction is the estimation of the surface area which actually interacts with 
fluids. Over the past 30 years, silicate and carbonate mineral dissolution rates have been thoroughly 
investigated through both laboratory experiments and field scales studies (White and Brantley, 1995; 
Brantley et al., 2008). The studies produced significantly different results, depending on whether the 
estimates were made under laboratory conditions or in the field. One of the reasons is that under 
controlled experimental conditions the surface area cannot be readily reconciled with the contact 
surface between minerals and the percolating waters in soils and rocks usually estimated by porosity. 
Moreover, the dissolution process is not homogeneous and the reactive surface area, i.e. the portion of 
the mineral surface area exposed to the aqueous solution and actively participating in the reaction, may 
be significantly different from the total surface area (Helgeson et al., 1984). Given that fluid-mineral 
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interactions occur primarily at selected sites of the available mineral surface area (Xu et al., 2005; 
Brantley et al., 2008 Gaus et al., 2008), many authors recognize that the reactive surface area in 
heterogeneous reactions involving simultaneous dissolution of several minerals is difficult to quantify 
(Hochella and Banfield, 1995; White and Brantley, 1995; Oelkers, 1996; Lichtner, 1996, 1998). The 
mineral surface area can be estimated, under experimental conditions, assuming particles have smooth 
and regular surfaces and a uniform geometry or by the isotherm adsorption of inert gases like N2 or Ar 
(i.e.B.E.T method). Indeed numerous parameters can influence the mineral surface reactivity, such as 
sorption-desorption, surface complexation, neo-formed phase precipitation etc. Therefore, surface of 
mineral is defined by their geometric surface, corresponding to the total mineral surface in contact 
with water, and the reactive surface area designs the mineral surface portion which actually interact 
with the water and participate to the water chemical composition. Geochemical study on water-rock 
interaction process showed that there is no clear correlation between geometric surface area and 
reactive surface area of minerals (Brantley et al. 2008). 
 
Further, for multi-mineral systems, since only part of the mineral surface is involved in the reaction 
(e.g., Xu et al., 2007), during kinetic reactions, the specific surface area increases or decreases as the 
morphology of mineral changes (Velbel, 1984, 1986, Sciechlewski and Zuddas 2010). This can result 
in an uncertainty of the modeled results of up to several orders of magnitude. Moreover, it is generally 
considered that the total available surface area is between one and three orders of magnitude larger 
than the actual reactive surface area (Gaus et al., 2005; Xu et al., 2007) with variations of several 






1.4. Perspectives and main focus 
 
In the light of previous development, the aims of thesis are: 
 
x Evaluating the reactivity of mineral under CO2 perturbation in natural system, over a long 
term perspective (>1000years), within a large space scale. A field kinetic approach was used 
to estimate the reactive surface area of mineral using chemical data of thermal water 
perturbated by CO2 from geothermal origin in Galicia (Spain). 
 
x Performing a field experiment of injection of water saturated in CO2 in subsurface aquifer 
following a push-pull test protocol. Similarly to previous part, the aim of this experiment was 
applying a field kinetic approach where time and space scale is limited (within few days) and 
can be estimated at reservoir scale. The aim of this second part was to evaluate the impact of 
CO2 perturbation on groundwater chemical composition, with special focus on trace metals 
behavior, reactivity of minerals and major influence parameter (pH, redox, and speciation).  
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2. Kinetic approach to estimate the 
mineral reactivity in response to CO2 
perturbation 
 
In this part is presented an evaluation of the reactivity of mineral in response to 
CO2 perturbation. This model was based on studying data of a natural 
geothermal CO2 rich water. The long term evolution of CO2-water-rock system 
was estimated by the variation of water composition. This chapter is presented 
under the form of scientific publication, in preparation for submission to a 
journal of geochemistry 
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Evaluating the reactivity of minerals in response to CO2 perturbation is one of the major challenges 
facing both fundamental and applied geoscience today. The fluid reactivity process is a function of the 
net rate of mineral dissolution and precipitation that in turn regulates the fluid composition of the 
Earth’s crust. 
To study the effect of CO2 perturbation, we estimated ratio of reactive surface area (RSA) of main 
minerals composing the Galician (Spain) geothermal field using the chemical composition of fluids as 
input data. We implemented an original methodology to quantify ratio of mineral RSA in the field 
taking into account that the chemical composition of fluids evolves over time notably by incorporating 
reservoir properties. Our methodology is based on reconstructing the fluid composition according to a 
perturbation progress schema that uses the degree of advancement of the mass-transfer process. In our 
methodology, RSA is quantified by a ratio between the different main minerals, normalized to the 
most abundant minerals (Albite). A transposed reaction rate that introduces experimental kinetic rate 
constants. 
We found that over the entire reaction process the kinetic rate of mineral dissolution remained constant 
whereas the ratio of RSA(Albite)/RSA(Biotite) varied by 1–3 orders of magnitude; while ratio of 
Albite/K-feldspar remain quite constant, explaining the changes observed in CO2 partial pressure and 
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fluid pH. Values obtained for the mineral surface area differ significantly according to the calculation 
methodology employed. We found that ratio of reactive surface area are 1 to 3 order of magnitude 
different from ratio calculated by modal mineral composition. Based on our findings, we propose that 
when modeling CO2 mineralization in natural water-rock systems, the current geo-mechanical method 
is insufficient to account for the evolution of the fluid chemical composition. To accurately predict the 
ultimate mineralization capacity of any given natural reservoir and to estimate the presence of 
extraneous chemical elements entering the fluid composition, it is essential to take a geochemical 
approach and to evaluate the evolution of the RSA itself. Our approach offers a reliable geochemical 
methodology for estimating the evolution of mineral RSA ratio in natural water-rock interaction 
systems where fluids have long residence time.  






1. Introduction   
Fluid – rock interaction controls many environmental and geological processes occurring at the 
Earth’s surface. The quantification of these processes is important in most treatments of global 
element cycles, notably carbon dynamics (Berner, 1983) and in the challenging areas of geothermal 
resource evaluation and CO2 geological storage. The amount of CO2 reacting and potentially 
mineralized through rock reactivity (Keating et al 2010) is mainly dependent on the rate of mineral 
dissolution and precipitation that regulates the fluid composition in the upper-crust. To understand the 
mechanisms by which minerals dissolve, dissolution rates have been extensively studied in laboratory 
settings (White and Brantley 2003; Brantley et al; 2008); however, the comparison of laboratory 
derived rates to field scale studies is difficult due to the fact that most laboratory-derived rates are 
significantly different than field derived rates (White and Brantley, 2003; Navarre-Sitchler and 
Brantley, 2007, Noiriel et al 2009). Given the complexity of evaluating reactive transport processes 
(Malmström 2000, White et al 2003), studies generally apply mass balance isotopic concepts like the 
water-rock ratio; whereas fluid flow and T-xCO2 equilibrium are rarely evaluated in a kinetic 
framework under natural conditions. 
It is the mineral’s reacting surface area (RSA), i.e. the real surface in contact with the interacting 
fluids, which controls the dissolution rate of silicate and carbonate. This parameter is very difficult to 
estimate given that all mineral surface sites do not react identically (Brantley et al 2008). Major 
discrepancies are generally observed between dissolution rates estimated under different conditions 
because surface area under controlled experimental conditions in the laboratory cannot be readily 
reconciled with the contact surface between minerals and percolating fluids in soils and rocks. When 
modeling natural situations, RSA is generally assumed to be constant or is deduced by measuring 
physical properties such as porosity and permeability. Factors including tectonics (Stallard, 1992; 
Riebe et al. 2004; West et al. 2005), the composition of reacting fluids (Burch et al. 1993) as well as 
possible biological activity (Lucas, 2001) vary from the laboratory to the field. In the case of long-
term natural fluid-rock systems, the specific reactive surface area of minerals also depends on mineral 
composition variability, abundance, morphology, and the size of the minerals as well as the fluid’s 
spatial flux distribution. RSA is extremely difficult to determine in natural systems given their 
heterogeneous nature and there is no simple relationship between what constitutes the ‘reactive’ 
surface of the minerals and how this may relate to the physical surface area of weathering rock (White 
et al 1990; Velbel 1993, Malmström et al 2000, Ganor et al 2005, Maher 2010). It has been argued that 
laboratory and field rates can be reconciled by using integrated methods (Sverdrup and Warfvinge, 
1995) or with methods able to integrate the change of scale (Navarre-Stichler and Brantley (2007). 
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In this work, we attempt to estimate reactivity of minerals in response to natural CO2 perturbation, 
taking into account variations in the mineral reactive surface, by quantifying ratio of minerals RSA 
using chemical fluid composition as input data. We developed an original methodology for 
quantifying this variable in a natural context and assumed that the evolution of chemical fluids is the 
signal response to the water-rock interaction as it intrinsically incorporates timescale and reservoir 
properties (porosity, permeability, water/rock ratio, and dimension). We used data from the Galician 
geothermal field because of its relatively homogenous geological setting and fluid evolution with a 
wide range of pCO2 partial pressure at emergence (Michard and Beaucaire 1993). 
 
2. Rock system and sampling  
2.1. Rock system 
The Spanish Galician geothermal zone covers an area of at least 100 km2. It is characterized by two 
Variscan granites generated by an anatexis process (Capdevilla et al 1973) with two series: the first is 
alkaline composed of leuco-granites containing feldspars, biotite and muscovite with pegmatite, 
tourmaline and greisens; the second, younger and of deeper origin, is calco-alkaline with a similar 
mineralogical association. Present-day hydrothermal activity is related to the presence of several 
Alpine Orogeny faults, mainly oriented NNE-SSW, that are responsible for contact between alkaline 
and calco-alkaline granites. Galician granites have very low porosity with hydrological circulation 
along the main fractures (Delgado-Outeiriño et al. 2009, Marques et al. 2010).   
Petrographic observations indicate the presence of a pervasive (diffuse) alteration event that affects the 
entire granitic batholite. This process, typically found in Western European granites, is responsible for 
the alteration of biotite and plagioclase creating secondary chlorite and sericite, respectively. In our 
zone of investigation however, microcline remains unaltered. Marques et al. (2010) observed a vein 
alteration stage along major fracture zones and documented the presence of secondary quartz and clay 
minerals. The uniform distribution and mineralogy of the alteration assemblage shows a dominant 
facies characterized by biotite suggesting small variations in the fluid/rock mass ratio and temperature. 
Based on petrographical modal abundances, the main mineralogical paragenesis is constituted by 
silicate minerals in the following proportions: quartz 35%, K-feldspar 20% albite 35%, biotite 10% 
and muscovite 1%. Accessory minerals like calcite and clays, mainly kaolinite, generally fill 
secondary porosities in the rock fractures (Michard and Beaucaire 1993), calcite proportion was 






3. Fluid Chemistry 
The Galician geothermal field is characterized by Na-HCO3 waters, with an emergence temperature 
ranging from 15° to 57°C, pH varying from 9.5 to 5.8 and ionic salinity from 6 to 78 mmol/kg (Table 
1). We did not observe a clear correlation between temperature and chemical composition, while we 
did find a slight inverse linear relationship between ionic salinity and pH. The fluid saturation state 
(S.I.), estimated by PhreeqC geochemical code (Parkhust and Appelo, 1999) using wateq4f.dat 
thermodynamic database (Dzombak and Morel, 1990), reveals saturation with respect to kaolinite and 
quartz. This indicates that all major cation activity (Ca2+, Mg2+, Na+, K+) is controlled by the 
dissolution of granite parent minerals while silica and aluminum activity is controlled by the solubility 
of neogenic mineral phases. The deep fluid temperature estimated using silica geothermometers 
(Helgeson 1978, Fouillac and Michard 1981) falls within an average temperature of 110±10°C for all 
the sampling points. 
The pCO2 partial pressure at equilibrium was estimated from alkalinity and pH using PhreeqC 
software. Fig. 1 shows that pCO2 partial pressure increases linearly from 1 to 105 Pa as the sum of 
major cations increases from 10-5 to 10-2 mol/L, and Alkalinity from 2·10-3 to 1·10-2 mol/L. Therefore 
the hydrothermal field of Galicia was described as following: a high pH=9,8 poorly mineralized water 
in equilibrium with granite, perturbated by different amount of CO2 from hydrothermal origin (see 
Fig.2) . The increase of CO2 perturbation induce a dissolution of mineral, therefore an increase in 
major cations concentration (Ca2+, Mg 2+, Na+, K+) and Alkalinity, related to decrease of pH water. We 
can see that molar concentration of cations and alkalinity are perfectly correlated. The Galician 
geothermal system can be viewed as granitic rock system with different fluid circulation and  CO2 
content, and therefore different fluid reactivity. The geothermal field of Galicia can be viewed as an 
equilibrated water with granitic rocks, perturbated by different CO2 circulation, see Fig 2. At the 
emergence, fluid are characterized by different pCO2 signature, resulting from different exposure to 
hydrothermal CO2 perturbation. This perturbation can be quantify by pH, cations concentrations, 
alkalinity and pCO2 calculation. This differential composition in cations and pCO2 of each sampled 
fluids was used to quantify the perturbation of water-rock equilibrium by CO2. The dissolution of Al-
silicates and carbonates is induced by CO2 content and involved acidification increasing fluid 
reactivity. The pCO2 partial pressure at equilibrium was estimated from alkalinity and pH 
using PhreeqC software. Fig. 1 shows that pCO2 partial pressure increases linearly from 1 to 
105 Pa as the sum of major cations increases from 10-5 to 10-2 mol/L; indicating that the 
Galician geothermal field can be described as a continuous process between two end-
members: one with low pCO2, low mineralization and high pH and the other with high pCO2, 
high mineralization and low pH. As previously shown, the compositional trend of spring 
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waters is indeed continuous in terms of solute molalities. The overall fluid-rock interaction 
process can be estimated by a continuous rock perturbation (dissolution of Al-silicates and 
carbonates) mainly driven by the variation increase in pCO2.  
 
Fig. 1: Sum of major cation concentration (Na+, Ca2+, K+ and Mg2+) of geothermal fluid, and alkalinity plotted as 
a function of pH and pCO2 
 
Fig. 2: Simplified geological cross section of Galician geothermal field, where CO2 rises with deep 



























































































































































































































































































































































































































































































































































































































































































































































































































































4. Geochimical model  
4.1 Mathematical formulation  
The Galician geothermal field shows evidence of simultaneous mineral dissolution and precipitation. 
In this section we present a theoretical methodology for evaluating ratio between main mineral RSA.  
The rate of mineral dissolution reaction ’R’, corresponding to the amount of matter released to the 
fluid per unit of reaction time, can be expressed by the following equation (Marini et al 2000):  
iii RSR     (1)  
Where: R is the "in-situ" rate of dissolution (in mole per unit of time) representing the mineral 
dissolution rate under Galician field conditions, R  is an absolute rate of dissolution expressed in 
mole∙m-2∙sec-1 usually estimated by laboratory experiments and representing the maximum dissolution 
rate per unit of mineral area, while S is the reactive surface area (m2), all evaluated for the ith mineral 
phase. In a multi-mineral system, fluid-rock reactions can be described by a series of mass balance 
equations for each of the relevant mineral phases in relation to the reaction rate. The rate of dissolution 






Where n is molar concentration, v is the stochiometric coefficient and R is the in situ rate. This 
equation system can be solved introducing the perturbation progress mode φ, where no time scale 
provision is needed (Suarez and Wood, 1996; Marini et 2000; Scislewski and Zuddas, 2010). Bearing 
in mind that the perturbation of the system from equilibrium state can be viewed from a starting point 
0 to ending point 1, operating variables become a specific function of the advancement of the 
perturbation φ (Prigogine, 1955. Helgeson et al. 1968, 1969) resolved in a time-independent space. 
Considering temperature, pressure, volume and perturbation progress φ of each specific reaction as an 
independent variable, the system can be easily solved by (Sciuto and Ottonello 1995a, b):  
௝݊ǡ௘௡ௗ െ ௝݊ǡ௦௧௔௥௧ ൌ ׬ ቀσ డ௡೔ǡೕడఝ௜ ቁ
ఝୀଵ
ఝୀ଴ ݀߮ (3) 
With : 0 ≤ φ  ≤ 1   (3a) 
Where n j,i stands for the molality of the jth aqueous solute in the ith reaction, φ represents the overall 
perturbation progress. Therefore we can define φj is the individual perturbation progress related to the 
jth sampled fluids. Perturbation progress can be estimated using the evolution of the normalized 
progressive major cation concentration observed in the field by the relation:  
φ = nNa+ + nK+ + nMg2+ + nCa2+   (4) 
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The variable φ can be calculated for each water samples. Therefore, water samples with low φ values 
represent low perturbation by CO2, and higher φ values represent high perturbated waters. Each 
individual φj values can be divided by the higher value of φ in order to get a system normalized 0 ≤ φj 
≤ 1, where φj is very close or equal to 0, it represents non perturbated fluid in equilibrium with rock, 
and φi,h=1 represents the higher perturbated fluid into the system. Since the variation in concentration 
of Eqn 2 is known in the compositional space 0 ≤φ≤ 1, the system is now solved for R (the problem is 
inversed) and Eqn. 2, in the reaction progress mode, becomes: 
MM Rvd
dn       (5) 





hi ,    (6) 
Where R is the in-situ dissolution rate, Si is the reactive surface area of the ith minerals, R  is a kinetic 
function of the reaction affinity and dissolution constants depending on pH, temperature and chemical 
composition. If R and R  are calculated independently as a function of the perturbation advancement φ, 
the reactive surface area S can be also determined a function of the perturbation advancement φ 
(Eqn.6). It is important to note that the term Si is expressed in square meters per kilogram of water 
(m2/kgw) in contact with the given mineral surface. 
However, since the time t, representing the actual time scale of reaction, cannot be directly quantify 
into a natural system For example, the age of non perturbed water in equilibrium with granitic 
reservoir rock can be different from the age of the CO2 perturbation. Therefore, the function (dt/dφ) 
cannot determined properly. In other words that the evolution of φ as a function of time cannot be 
determined properly (DeDonder 1920, Prigogine 1955). However, this system can be considered as 
irreversible, therefore the derivative ratio dt/dφ is a strictly increasing function: 
ௗ௧
ௗఝ ൒ Ͳ  (7) 
As corollary Rφ and therefore Si cannot be quantified as absolute value. Therefore variation of mineral 
reactive surface area can be quantified in term of ratio between the different minerals involved in CO2-















Where S is the reactive surface area of mineral X, in the rock. Therefore (dt/dφ) function can be 
simplified, and the ratio between mineral X and Y can be determined.  
 
4.2 In situ mineral-dissolution rate calculation 
 
The main source of sodium, potassium and magnesium can be attributed to albite, K-feldspar and 
biotite respectively, while calcium comes from calcite dissolution (Helgeson, Garrels and MacKenzie, 
1969). Although calcite is a minor granite mineral, calcite’s ubiquity and rapid dissolution rate justify 
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In-situ rate R were calculated thanks to the partial derivative of molar concentration of each cations as 
a function of the perturbation progress φ. Polynomial curve fitting by last square criterion was used to 
calculate polynomial expressions relating molar concentrations of cations to the overall perturbation 
process φ(see Fig.3). Therefore, partial derivative of each individual polynomial expression was used 




Fig.3: Molar concentrations of cations versus perturbation progress φ. Curves represent polynomial 
feet of molar concentration as function of perturbation progress φ 
Chemical reactions controlling chemical fluids compositions of Galician geothermal field and used for 
our calculation are listed in Table 2.  
CaCO3 + H+ ↔ Ca2+ + HCO3- (1) 
NaAlSi3O8 + 8 H2O ↔ Na+ + Al(OH)4- + 3 H4SiO4 (2) 
KAlSi3O8 + 8 H2O ↔ K+ + Al(OH)4- + 3 H4SiO4 (3) 
K(Mg)3(AlSi3O10)(OH)2 + 10H+ ↔ K+ + 3Mg2+ + Al3+ + 3SiO2(aq) + 6H2O (4) 
SiO2 ↔ SiO2(aq) (5) 
Al2Si2O5(OH)4 + 6H+ ↔ 6H+ + 6 SiO2(aq) + 4H2O (6) 
CaAl2Si2O8 + 8H+ ↔ Ca+ + 2Al3+ + 2SiO2 (aq) +4H2O (7) 
KAl3Si3O10(OH)2 + 10H+ ↔ K+ + 3Al3+ + 3SiO2(aq) + 6H2O (8) 
HCO3-↔ H+ + CO32- (9) 
H2CO3↔H+ + HCO3- (10) 
H2O↔ H+ + OH- (11) 
H2O + CO2 (g) ↔ H2CO3 (12) 
Table2: List of chemical reaction controlling the chemical composition of the geothermal 
field of Galicia 
 
4.3 Reaction kinetics 
The kinetic behavior of mineral phases has often been described in terms of forward (dissolution) 
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QRTA ln        (11) 
Where Q is the ion activity product and K is the mineral solubility constant.  
Based on available experimental data, the dissolution rate constant k of most silicates is conveniently 
expressed as a semilogarithmic function of the system pH (Helgeson 1984, Alekseyev 1997. Marini et 
al. 2000): 
log k = log k0 + bi (pH-pH0)       (12) 
where log k0 is the value of logk at pH = pH0 and bi is the slope of the linear function in the logk vs pH 
plot ( values of log k0, bi and pH0 adopted in this study are listed in Table 3 and 4). The rate constants 
for calcite dissolution, estimated by Plummer et al. 1978; Busenberg and Plummer, 1982 and Chou et 
al. 1989, are reported in Table 4 and Table 5. We found that the rate of albite, K-feldspar, biotite and 
calcite dissolution does not change significantly over the advancement of the reaction (see Fig. 3) 
shows that the calcite dissolution rate is 6 orders of magnitude higher than the rate of silicate 
dissolution in agreement with the known rapid dissolution rate of carbonate compared to silicate 
minerals (White et al 1993, 1998, 2000; Marini et al 2000; Brantley et al 1992; Zhu et al 2005; 
Busenberg and Plummer 1986; Arvidson 2004). 
Table 3: Values adopted for the parameter log k0+, i , bi and pH0 used in the kinetic rate law, where log 
k0+, i is in mol∙m-2∙sec-1. 
 
Phase Component  log k0+,i bi pH0 Ref 
Albite NaAlSi3O8 -16.75 0.3 6.00 a 
K-feldspar KAlSi3O8 -17.00 0.3 6.00 a 
Biotite(1) K(Mg,Fe)3(AlSi3O10)(OH)2 -17.00 0.25 6.00 b 
 
(a)Marini et al (2000) 
(b)Nagy et al (1995)  
(1)Values were defined for muscovite, but the biotite pH as dependence is similar considered to that 





Table 4: Values adopted for the rate constant needed to calculate the absolute rate of dissolution of 
Calcite (in mol∙m-2∙sec-1) 
Phase Component  k1 k2 k3 k4 Ref 
Calcite CaCO3 8.9×10-5 5.0×10-8 6.5×10-11 1.9×10-2 a 
a Chou et al. (1989). 
Reaction rate of calcite is calculated by: > @ > @ > @ > @> @  23242332213CaCO COCakOHkCOHkHkR  
 
Fig.4: Absolute rate of dissolution in mole/m2/sec calculated for Albite, K-Feldspar, Biotite and Calcite plotted 
vs. the perturbation progress φ 
5. Results 
Calculated in situ rate of dissolution R, absolute rate of dissolution R , and (dt/dφ)S values are listed in 
table 5. We estimated the reactivity of minerals by the ratio of RSA. As previously mentioned, RSA 
cannot be considered as absolute value since the function (dt/dφ) cannot be determined properly. 
However ratio can be calculated and used to quantify variations between reactive surface area of 
minerals. The ratio of minerals has been normalized to the most abundant mineral Albite (35% of the 
modal rock composition) (see Fig 5). The ratio RSA(K-Feldspar)/RSA(Albite) shows variation 
between 0.032 to 0.164, which corresponds to a variation by less than one order of magnitude. The 
ratio RSA(Biotite)/RSA(Albite) shows variation by 4 orders of magnitudes, from 3·10-4 to 2,03. Ratio 
RSA(Calcite)/RSA(Albite) shows values about 10 order of magnitude lower than ratio calculated for 
alumino-silicate minerals, ranging from 3,5·10-10 to 8,9·10-9. The lower ratio for calcite RSA 
comparing to alumino-silicate minerals may be related to the fact that fluids are occasionally close to 
equilibrium with respect to calcite and only a minimal amount of calcite can therefore be dissolved. 
Only an increase in pCO2 effectively generates a decrease in the calcite saturation index. However, it 
is important to note that calcite can be considered as a disseminated mineral controlling the Ca2+ 
activity and that plagioclase dissolution may contribute to calcium flux (White et 1999). Our calcite 
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RSA values may therefore be subject to a greater margin of uncertainty than our findings for other 
silicate minerals. 
For both alumino silicate ratio, i.e. RSA(K-Feldspar)/RSA(Albite) and RSA(Biotite)/RSA(Albite), 
maximum values is observed for maximum perturbation advancement φ values 0.7 and 1 respectively. 
Ratio of RSA estimated for K-feldspar and Albite shows a similar trend, with a no significant variation 
over the entire CO2-water-rock process. Feldspar dissolution mechanisms are strongly dependent on 
mineral composition, the chemistry of interacting fluids (Chardon et al 2006). Our results suggest that 
K-Feldspar and Albite have a comparable behavior in response to CO2 perturbation and involved 
variation of fluids chemical composition. 
Our results show a higher variation in biotite RSA throughout the entire CO2-water-rock interaction 
process comparing to Albite. The determining role played by biotite in the global granite hydrothermal 
alteration process was earlier proposed by Edmunds et al (1985) in their study of the Cornwell 
Carnemellis granite. Malmström (1997), on the other hand, posited that biotite dissolution may be 
inhibited by neogenic iron oxy-hydroxide surface coatings resulting from the iron redox reactivity. 
Since our kinetics approach indicated that biotite RSA increased continuously comparing to other 
minerals, the formation of surface coatings does not significantly influence the amount of available 
reactive surface at the scale of our study. Biotite appears to be the most reactive granite mineral and 
therefore the primary mineral controlling CO2 neutralization in agreement with the lower activation 
energy of biotite compared to the other silicate minerals (feldspars). Our study shows the significant 
biotite contribution in the long term and a large scale evolution of crust-water interaction and 





Fig. 5: Mineral reactive surface ratio (dimensionless) S(K-Feld)/S(Albite); S(Biotite)/S(Albite); 












































































































































































































































































































































































































































































































































































































































































































































































































































































































































Results given by our model showed that pCO2 variation greatly influence reactivity of minerals. We 
can see that comparative reactivity of minerals can be significantly different. However, the 
representativeness of calculated ratio S may be limited by the fact that minerals constituting the 
hydrothermal reservoir are not pure phases but a mixture of various end members. Plagioclases are not 
pure albite and micas are not pure biotite. The activity term of Eqn. 9 must therefore be corrected to 
derive a new chemical affinity. Based on existing experimental data on single-mineral dissolution 
experiments (Brantley et al 2008), we assumed that the parametric constant, log ki of plagioclase and 
alkali feldspar (Eqn.10) varies linearly with the mineral chemistry. This compositional effect on the 
mineral reaction kinetics should theoretically produce effects on the term (dt/dφ)S used to calculate 
ratio of RSA.  
Ratio of RSA are calculated thanks to dt/dφ term, expressed in terms of the non-dimensional reaction 
progress ζ and we lack the time →ζ conversion of Eqn (6). This does not affect the bulk evolution of 
the fluids nor the ratios between different RSA, but only their absolute values. 
The result of our calculation suggests that RSA of mineral in response to CO2 perturbation is not a 
constant parameter, as usually considered in classical geochemical model. Results showed that a 
variation of RSA between two minerals can be from 2 to 4 of magnitude in response to the same CO2 
perturbation. 
The ratio RSA(Calcite)/RSA(Albite) is extremely low, suggesting that contribution of Calcite is 
negligible comparing to alumino-silicate contribution, this is in agreement with rock composition 
considering that local geology is mainly composed by granite, therefore calcite is present as accessory 
mineral. However dissolved calcium in weathering process of granitoïd rock is considered as largely 
regulated by disseminated calcite reactivity (White et al 1999).Chemical composition of fluids showed 
that concentration of Ca is very low comparing to Na. Therefore calcite minerals are present under the 
form of disseminated trace minerals, which correspond to ratio RSA(Calcite)/RSA(Albite) ranging 
between 10-10 to 10-9  in our case. Results suggest that for higher CO2 perturbation, dissolution of 
disseminated calcite is negligible comparing to dissolution of albite. Further, we can see that RSA(K-
Feldspar)/RSA(Albite) remains quite constant comparing to RSA(Biotite)/RSA(Albite). This suggests 
that behavior of Albite and K-Feldspar are quite similar over the entire perturbation progress. On the 
other hand, RSA ratio varies by several of magnitude for Biotite/Albite ratio, resulting suggest that 
biotite has a different reactivity in response to CO2 perturbation. 
In this model, sampled water have geothermal origin, characterized by long residence time (>1000 
years). However, this model consider that dominant process participating to chemical composition are 
thermodynamic process and that transport process (diffusion, dispersion, advection) have negligible 
effect on fluid composition. This is the case for fluid having long residence time in reservoir (Maher et 
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al 2010). Therefore this model appears as adapted for modeling hydrological system containing long 
fluid residence time, which is potentially the case in geothermal reservoir, or in potential CO2 
geological storage site, but cannot generalized for system with effect of groundwater flow circulation 




Our study shows that when modeling CO2 perturbation in natural water-rock systems, the current geo-
mechanical method is insufficient to account for the evolution of the fluid chemical composition over 
a long residence time. Our kinetic approach uses the fluid’s measured chemical composition to 
estimate variations of mineral reactivity over the CO2-water-rock interaction process in the field. To 
accurately predict the ultimate mineralization capacity of any given natural reservoir and to estimate 
the presence of extraneous chemical elements entering the fluid composition, it is essential to take a 
geochemical approach and to evaluate the evolution of the RSA itself. It shows that the parent 
mineral’s RSA is not a constant parameter, contrary to what is generally assumed in current modeling. 
Our findings indicate that CO2 perturbation in granite hydrothermal fields is mainly driven by silicate 
minerals, whereas neo formed-calcite dissolution contributes only negligibly to the global budget. The 
kinetic approach used in this study offers a reliable geochemical methodology for estimating the 
evolution of mineral reactivity, taking into account ratio of RSA of different minerals in natural water-
rock interaction systems. We believe that our methodology could serve as a useful and reliable tool 
when evaluating potential geological reservoir sites for CO2 storage, not only for estimating storage 
capacity but also in identifying potential geo-chemical risks resulting from the sustained release of 
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3. Field experiment of CO2 injection 
A field experiment consisting on injection of CO2 saturated water in subsurface 
aquifer was performed. The aim was to evaluate the effect of  CO2 perturbation 
on an equilibrated water-rock system where time, water-rock ratio and reservoir 
properties can be estimated. Emphasis was put on the behavior of dissolved 






The aim of this field experiment was to evaluate the impact of CO2 perturbation on water-rock 
equilibrium with special focus on remobilization of dissolved metals species. Previous field 
experiment have shown that CO2 injection under supercritical conditions in deep saline aquifer 
produced important increasing in concentration of metals species (Fe, Mn) in the reservoir water 
(Kharaka 2006, 2009). Suggested sources of dissolved Fe and Mn were oxy-hydroxides phases. 
Several other field experiments worked on simulation of CO2 sink in subsurface aquifer (Zheng et al 
2012). For example, shallow CO2 injection at the MSU-ZERT field test showed rapid and systematic 
increases in the aqueous concentrations of major and trace elements (Kharaka et al., 2010). Authors 
conclude that chemical reactions occurring during CO2 perturbation are a combination of dissolution 
effect, ions exchange, desorption, pH and redox control and highlighted the need for a comprehensive 
characterization of the rock-metal associations in the subsurface and the redox conditions to better 
constrain model results.  
 
Several previous works, based on numerical model simulation highlighted that sinks from deep CO2 
reservoir storage could potentially have significant effect on the fate and transport of heavy metals in 
sub-surface water (Siirila et al. 2012, Vong 2011). In particular, Wang and Jaffe (2004) showed by 
numerical approach that the CO2 injection could provoke significant increase in metals aqueous 
concentration due to dissolution of solid metal sulfur species such as galena (PbS). 
 
Laboratory experiment performed by Little et al (2010) showed that exposure of natural minerals 
sampled from aquifer sediments, over a period of several months to CO2 in batch reactor induced 
release of major cations species (Ca2+ and Mg2+) and metals species by mineral dissolution. The 
release of major species was involved with major metals releases (Fe and Mn), and trace metals 
releases (essentially Co, Ba, U), provoked by lowering pH in response to CO2 dissolution. 
 
Further, hydrothermal sources were studied as natural analog of long term CO2-water-rock dynamics. 
In particular Keating et al. (2010) highlighted the potential role of speciation by carbonate as a 
potential phenomenon for the fate and transport of trace metal element into CO2 geothermal field. As 
mentioned by Apps et al (2010) and Zheng et al (2012), response to CO2 perturbation is strongly 
dependent on mineral composition of reservoir and groundwater composition. The chemical processes 
potentially responsible for the mobilization of trace elements are the dissolution of carbonates ( 
Kharaka et al., 2006), sulfides minerals dissolution (Wang and Jaffe, 2004; Zheng et al., 2009; Apps et 
al., 2010) and iron oxyhydroxide minerals dissolution (e.g., Kharaka et al., 2006, 2009), as well as 
surface reactions such as adsorption/desorption and ion exchange (Kharaka et al., 2006, 2009; Zheng 
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et al., 2009; Apps et al., 2010). Further, the pH buffer of groundwater induced by mineral dissolution 
appears as key parameter for potential consequence of metals release induced by CO2 perturbation in 
groundwater. 
As a part of this purpose, we performed a water CO2-saturated injection into fractured sandstone 
bedrock mainly constituted by quartz, carbonate minerals and significant amount of iron oxides and 
relatively high concentrations of trace metals in rocks (U, As, Zn, Ba, Mo). We followed a push-pull 
test protocol, with special focus on the effect of CO2 perturbation on pH, Redox and behavior of 
dissolved trace metals elements. A borehole was drilled especially for this operation in July 2011, 
borehole logging, previous packer and hydraulic test were performed in August and October 2011, and 





3.2. Material and methods: 
 
3.2.1.  Experimental site: Geology, lithology 
 
We performed our experiment in Lodève area (Languedoc Roussillon province, southern France). This 
area is composed by sedimentary bedrock with natural high concentration in metals, (Fe, Mn, U, As, 
Mo, Ba Cu and Zn). This region was exploited by for uranium by mining operation from 1970 to late 
1990's. A large rehabilitation plan is now occurring in this zone. A lot of information was available 
concerning the local geology, hydrology and hydrogeology thanks to older mine operation. Previous 
investigations were conducted in this area to find suitable site to conduct this experiment.  
The Lodève area is situated on the south-west limit of the Massif Central mountain, around 60 km on 
the north of Montpellier (French Mediterranean coast). This zone is characterized by a large permian 
sedimentary basin formation. The permian Lodève basin is composed by sandstone-shale succession 
of 100-400 m thickness. Permian bedrock is based on cambrian formation, composed by dolomite to 
shaly dolomite (See geological map on Fig. 3.2.1 and Fig.3.2.5, and geological section Fig.3.2.2). 
Permian shales and sandstones are characterized by a dark red-brown color (see Fig. 3.2.3) with red 
pelites and sandstones. Zones of metals mineralization are found mainly in the Autunian series, and 
are usually associated with faults in secondary mobilization zones. 
These natural conditions appear as particularly interesting for studying the fate of numerous metal 
elements into the environment. A lot of studies concerning the geology, hydrogeology and geothermy 
are available in the literature (Vuillemenot and Toulhoat 1992, 1994; Beaucaire and Toulhoat 1987; 
Mathis et al. 1990). For those reasons, and the advantage of site access facilities, this area was chosen 
for our experiment (see Fig. 3.2.4).  
The permian shale and sandstone are characterized as non-aquifer formations, low intrinsic 





Fig. 3.2.1: Geological map of the Lodève Basin: cartographic and tectonic sketch. Experimental site location is 
highlighted by red mark. (mod. Sheet Lodève 1/50.000) 
I: Infracambrian; C: Cambrian; A: Autunian; S: Saxonian; T: Triassic; J: Jurassic; Q: Quaternary. 
1: Fault (direction, dip, direction of movement); 2: Axis of fold, direction of dumping; 3: Extension N160-20; 4: 
Extension N70-110; 5: Extensions N160-20 and N 70-110; 6: Compression N160-20; 7: Compression N90-120; 
8: Compressions N160-20 and N90-120; FF-LP SJB: Le Puech-St Jean de La Blaquière fault beam; FFO: Olmet 
fault beam; FFC: Cévennes fault beam; FFL-S: Liausson-Salasc fault beam; L: Lodève; CH: Clermont l’Hérault; 
LP: Le Puech; ML: Mas Lavayre; SJ: St-Julien; SM: St-Martin; L: Loéras; U: Usclas; SJB: St-Jean de la 
Blaquière; S: Salelles; O: Olmet; Oc: Octon; Li: Liausson; Sa: Salasc; M: Mourèze; R: Rabieux; SS: St Saturnin; 
A: Arboras; MA: Mas d’Alary; T: Tréviels; LH: Les Hémies; Ra: Rabejac; C: Cartels.  
 
Fig. 3.2.2: Geological section of Lodève Basin. Geological formation exploited for uranium are in permian 
"Grès-argilite" formation (i.e. sandstone-shale). Permian formation is superposed on cambrien dolomite 




underground galleries. The experimental site location is highlighted in red. (Sources: Carte géologique BRGM 




Fig. 3.2.3: Picture of typical permian shale and sandstone formation (Autunian stage) (a), characterized by dark 
red color strata and dark red color due to the high concentration in iron oxides. Schematic representation in 
Fig.(b) highlights main fractures. Bituminous rich metal formations, on the left part of picture (a), are 
























3.2.2. Borehole logging  
 
A 116 m depth borehole was drilled specifically for this experiment in July 2011. Information 
concerning groundwater circulation and lithology were collected during drilling operations. 
Drilling was performed by hammer drill technique. Rocks cuttings were directly sampled at the 
wellhead every meters. A qualitative description of cuttings was made to design a simplified 
geological log (see Fig 3.2.5). The borehole was equipped by cemented PVC pipe from 0 to 20 m 
depth in order to limit contamination of underground aquifer by surface and subsurface water.  
Well camera logging allowed to identify fractured zone, and ore deposits, essentially composed by 
iron oxides (Ferrihydrite FeOH3) and carbonates minerals (siderite, dolomite and calcite).  
 
 
Fig. 3.2.5: Borehole geological log, describing from cuttings analyses and technical section. Water circulations 
observed during drilling operation are also mentioned. 
 
During the drilling operations, two main water venues were identified at 56 m depth with measured 
flow of 0.5 m3/h and 89 m depth with a measured flow of 4 m3/h. Water table was measured 24 h after 
drilling operation at 16,2 m depth. Cuttings description analyses showed alternation between shale and 






3.2.3. Hydraulic test and aquifer characteristics 
 
A set of hydraulic tests and well geophysical logging were made to evaluate hydraulic properties of 
the sub-surface aquifer of the experimental site. 
 Flowmeter logging: 
Flowmeter logging was performed to identify potential vertical movement of fluid and groundwater 
stratification.. Flowmeter logging was performed under pumping conditions, at constant pumping rate 
of 3.5 m3/h. Results identified two transmissive fractured zones (see Fig. 3.2.8):  
x a first zone between 42 m to 85 m with an average measured flow of 1.5 to 2 m3/h 
x a second zone from 85 m to 110 m, with an average measured flow of 3 to 3.5 m3/h 
 Conductivity logging: 
Conductivity logging data showed 3 different conductivity zones:  
x a first zone with conductivity ranging from 1000 μS/cm to 2000 μS/cm from 16 m to 45 m 
depth, 
x a second zone with homogeneous conductivity around 2300 μS/cm from 45 m to 88 m depth, 
x a third zone characterized by a regular decrease from 2300 μS/cm to 2000 μS/cm from 88 m to 
116m. 
 Temperature logging  
Temperature logging identified 2 main zones: 
x a first zone with a weak increase from 14°C to 15.5°C, corresponding to a temperature 
gradient of +0.02°C/m, from 15m to 89 m depth, 
x a second zone with higher temperature increase from 15.5°C to 17°C, corresponding to a 
temperature gradient of +0.06°C/m from 90 m to 116 m depth. 
 Camera logging 
Camera logging was made essentially to identify fractured zones and main lithology. Observations 
showed shale and sandstone, with pronounced red color. In correlation with previous results, two 
fractured zones with vertical faults opened by several millimeter space at 56,5m depth and between 
86m and 91m depth were identified (see Fig 3.2.7). These results were correlated with water inflow 


















Fig. 3.2.7: photography of fractured zones identified by well camera logging, at 56,5m depth; and 91,1m 
depth. 
  
Fig. 3.2.8: Conductivity (μS/cm), temperature (°C) and flowmeter (m3/h) logging results, plotted as function 
of depth (m). Identified Zone 1, Zone 2 and Zone 3 and 56 m and 89-91m fractured zones are also reported. 
 
Well logging results showed 3 main groundwaters units (Fig. 3.2.8): 
x Zone 1, at 15-45 m depth characterized by low temperature and conductivity, 
x Zone 2, at 45-90 m depth characterized by higher homogenous conductivity, low vertical flow, 
moderate temperature gradient, and fractured zone at 56m, 
x Zone 3, at 90-115m depth with decrease in conductivity, a positive temperature and flow 






















































 Packers tests  
Double packers system was tested to isolate fractured zones. (Fig. 3.2.11 and 3.2.12). Two packers 
tests (i.e. Packer test 1 and Packer test 2) were performed to isolate 89m depth and 56m depth 
fractured zones respectively (Fig. 3.2.9). During Packer test 1, hydraulic charge measured in the well 
increased by 8 meters (from -16,4m depth to -8,4m depth) comparing to initial conditions. During 
Packer test 2, hydraulic charge measured in the well increased by 11,4m (from -16,4m depth to -5m 
depth). These results suggested that hydraulic charge in Zone 1 and Zone 2 (Fracture 2) were superior 
to Zone 3 (Fracture 3). The groundwater inflow in Zone 1 was caused by a fractured zone situated at 
30m depth. These results suggested two vertical groundwater movements between Zone 1, Zone 2 and 
Zone 3, caused by a differential hydraulic gradient (Fig. 3.2.9).  
. 
 
Fig.3.2.9: Schematic diagram representing different water tables, measured at 16.4 m depth before packers test 
(a), at 8.4 m depth during packers test in Fracture 3 (b), and at 5 m depth during packers test in Fracture 2 (c). 
 
Measured debit during in Fracture 2 and Fracture 3 was 0.5 m3/h and 3 m3/h respectively. These 
relatively low debits suggested a low pore-water velocity within the surrounded fractured zones. 
Observations made on hydraulic charges showed a groundwater flow discharge from Fracture 1 to 
Fracture 2 and 3, and from Fracture 2 to Fracture 3  
58 
 
at initial condition, as illustrated in Fig. 3.2.10.. 
 
Fig.3.2.10: Schematic representation of groundwater down gradient occurring into the experimental borehole. 
Due to the differential in-situ hydraulic pressure between Fracture1, Fracture2 and Fracture3, an internal 
groundwater flow is occurring from upper fracture to lower fracture zones. 
 
During packer test, both groundwater from Fracture 1 and Fracture 2 were sampled. Groundwater 
from Fracture 2 were sampled by pumping within packer system, and groundwater from Fracture 1 
was collected by manual sampler at 30 m depth. Both groundwaters showed similar pH=7.3, alkalinity 
(6·10-3 mol/L) and Fe(II) concentration (≈1.3 10-5 mol/L), but a different signature in SO4 and Cl-. This 
last point will be discussed in part 3.3.2. 
 
 
3.2.4. Push-pull test  
 
Push-pull test protocol is a useful method to obtain a wide range of aquifer physical, chemical and 
microbiological properties (Istok et al. 1997, 2001; Haggerty et al. 1998). The push-pull test is an 
adapted method to single-well experiment.  
A push-pull test consists of a pulse type injection of a prepared test solution into a single monitoring 
well, followed by the extraction test solution/groundwater mixture. The test solution contains a non 
reactive tracer and one or more reactants. During the extraction phase, tracers, reactants and possible 
reaction products are monitored continuously to obtain breakthrough curves. Evolution in 
concentration of non reactant tracer breakthrough curve is used to quantify fluid dynamic processes, 
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such as dispersion, advection, diffusion and mixing, and the amount of recovey of the injected solution 
at the end of the push-pull test. A comparative approach of both reactant and non-reactant 
breakthrough curves can be used to estimate the reaction rate affecting concentration of reactive tracer 
(MacGuire 2002, Lee 2010, Hageman H.J. 2003, Knecht 2011, Istok 2001). Single well push-pull test 
is commonly used in both applied and research project, and lot of data have been already published. 
Further, previous CO2 injection experiment was performed following the same protocol (Matter 2007). 
The protocol of our experiment was specifically adapted to our field conditions. 
 
3.2.4.1. Injection zone and in-situ monitoring  
 
A double packer system, was used to isolate Fracture 2 (56 m depth) and Fracture 3 (89m depth). 
Packer system, pumping system and sampling-line were constituted by stainless steel and inert plastic 
material, in order to avoid pollution by metal or plastic corrosion. This system was entirely 
dimensioned and produced specifically for this project. A first experiment without CO2 was performed 
using uranine (C20H10Na2O5) as a fluorescent inert tracer to evaluate the amount of recovery of the 
injected solution at the end of the push-pull test, and to select the most adapted zone for CO2 injection 
experiment. A volume of 3m3 of water containing 0.5mg/L of uranine was injected and re-pumped few 
hours later. Results were more conclusive for Fracture 2 and water-CO2 injection test was therefore 













Fig. 3.2.11: Schematic representation of the coupled pumping-packer system used for sampling groundwater into 
the well. 
 
A multiparameter electrode was installed into the packer system (Fig.3.2.11), in order to monitor pH, 
temperature, redox, dissolved oxygen, and conductivity at in situ conditions. Multiparameter electrode 
was calibrated at the groundwater temperature. A second multiparameters electrode was installed 
directly at the well-head, to evaluate the potential difference of physicochemical parameter between in 
situ conditions and surface conditions. Data measured at both in-situ and sub-surface conditions 
showed no significant differences. Data measured at the wellhead were used for final analyses. 
A pressure sensor was installed to measure the pressure level into the injection/extraction line, and into 
the injection zone. The packer elastomer were filled up with water, at 18 bar pressure. The packer 
pressure was continuously controlled over the whole experiment, in order to control the potential 
extraction/intrusion of extern water into the injected zone. Over the whole push-pull test, packer 









3.2.4.2. Injection extraction protocol 
 
A volume of 3m3 of water was previously pumped from the 56m depth isolated zone. This water 
volume was temporally stored into plastique water tank at the surface. The water-tank was equipped 
with porous plastic pipes placed at the bottom, used to bubble a constant flux of CO2 during 
approximately 12 hours (see Fig 3.2.13). The pH, temperature and redox was continuously monitored, 
during CO2 dissolution. The CO2 saturation was reached when pH stabilized around 5.6 while initial 
pH was 7.3, and pCO2 was calculated at 1.2 atm. Sampling was made to analyze the ambient 
groundwater composition previously to injection. Samples were collected at the end of the 3m3 





Fig. 3.2.13: water tank used for CO2 diffusion (left picture), interior of the water tank during the CO2 diffusion 
(right picture). 
 
The injection was performed at constant debit of 0.38m3/h during 8 h. CO2 was bubbling constantly 
into the water tank during the whole injection phase, to maintain the constancy of CO2 saturation. 
To reduce the risk of degassing, a peristaltic pump was used for injection. The advantage of using such 
a pump is that the fluid is simply pushed through a flexible tube, reducing fluid turbulence, and fluids 
are only in contact with the interior flexible tube, reducing the risk of contamination. 
A laps time of 80 h was waited between the injection and the extraction phase (See Fig3.2.14). This 
range of “incubation” time was chosen because previous investigation showed very low velocity for  
groundwater circulation occurring naturally into the aquifer, (approximate at 0.5 m/day). Therefore the 
influence of transport on the groundwater reactivity was considered as acceptable for a water residence 
time of 80h in the aquifer. The natural gorundwater flow occuring within the aquifer was estimated at 
0,5 m/day. Another reason was that water table was strongly influenced by rainfall episodes, according 
to water table monitored continuously within months preceding the injection experiment. As the 
current weather forecast provided dry period for a week during our experiment, 80 hours of incubation 





Fig. 3.2.14: schematic representation of the single well push-pull test. 
 
It is important to mention that usual push-pull test protocol imposes to inject an inert tracer with the 
injected solution to evaluate in-situ rate calculation. However, classical inert tracers are organic 
molecules such as uranine (C20H10Na2O5). Despite this molecule has good properties of inert tracer and 
low sorption capacity, a risk of complexation with dissolved metals could alter chemical analyses for 
trace metals elements. Another classical inert tracer consists on using salt (NaCl). However addition of 
NaCl would modify significantly the ionic strenght of the solution, and influencing the water-rock 
interaction process. The best suitable inert tracer would have been isotopic tracer such as 2H or 
chemical tracer such as Br-. But for time, material, and budget issues, we could'nt use such tracers for 
this experiment. Therefore, we preferred use natural chemicals elements such as Li or Cl as natural 
tracers. 
The pumping phase was performed at a constant debit of 0.38 m3/h, during 72h. The aim of this 
pumping phase was to re-pump an equivalent volume ranging between 5 to 8 times the injected 




3.2.5. Sampling protocol 
 
Groundwater sampling has to be done properly as unrepresentative samples can lead to 
misinterpretations of ground-water-quality data. A sampling protocol unsuitable can significantly alter 
the chemical concentration of the sampled fluid, especially for trace elements analyses. Samples 
obtained from a poorly constructed well, or using improper sampling equipment, or improperly 
preserved, can bias the result (Nielson 1991, Yeskis and Zavala 2002). 
Concentration measured by chemical analyses are usually elemental concentration, i.e. the total 
quantity of elements per unit of volume. The main difficulty to manage is that chemical species are not 
conservative. By variation of temperature, pressure, redox conditions (etc.), species concentrations can 
be significantly modified between the sampling and the measurement.  
Iron can precipitate rapidly under the form of oxides minerals and trap other traces metals (As, Zn, U 
etc.) (Le Gern et al 2003), by adsorption or precipitation. Therefore, the sampling protocol has to be 
adapted to avoid oxidation of Iron or other metals, which could distort chemical analyses for traces 
metals species (Benoit 1994, Taylor and Shiller 1995, Windom et al 1995). Concentration of chemical 
elements can be also significantly influenced by the presence of colloidal particles (from 1nm to 1μm 
size), due to adsorption on surface particles. Therefore a filtering system was used on the field to 
minimize the presence of colloid phase. 
Samples used for major cations/anions analyses (Ca2+, Mg2+, K+, Na+,NO3-, SO42-, Cl-, F-) were filtered 
on the field using 0,45μm filter, and stored into a refrigerated box. 
 
Samples for traces metals analyses were collected at the wellhead. A 4 liters bottle previously filled by 
inert gas N2 (Fig.3.2.15) was used to collect water.  
  





After water sampling, the 4 liters bottle was open into a glove box system isolated from the 
atmosphere, previously filled up with N2 (Fig.3.2.16). Into the glove box, samples were filtered using 
0,2 μm filter. Different series of 14ml  samples were taken into polypropylene bottles.  
Each samples were acidified by adding few microliters of HNO3 (norma pur 70%), in order to get a 











Fig.3.2.16: (a) glove box system (b) filtering with 0,2 μm filter under glove box 
 
Another samples series were filtered using ultrafiltration cell, performed under pressure of N2 with 
ultrafiltration cell equipped with 10 kDa filter (Fig.3.2.17). A time of nearby 40min was needed to get 
a filtered volume of 14ml. Therefore, only a 10 ultra-filtered samples were collected. 
 
 
Fig. 3.2.17: Ultrafiltration system 
 
Samples filtered under ultra filtration cell were used for traces metals analyses highly influenced by 
colloidal phase, such as aluminum.  










3.2.6. Field Measurement  
 
3.2.6.1. pH, Redox, alkalinity measurements 
 
The pH measurement is crucial and difficult to realize in natural condition (Ritz and Collins 2008). As 
a part of CO2-water-interaction studies, the pH measurement has to be done as precise as possible. 
Two different pH electrodes were used: Hanna® HI 9828 and WTW® pH 340i  
A three point calibration was done using pH 4, 7 and 10 buffer solutions at the beginning of each 
monitoring set. Electrodes was calibrated by methods using Nernst equation at the groundwater 
temperature of each pH electrode. All of the electric potential were measured at each calibration point 
at the groundwater temperature to compare with automatic temperature correction. During the 
experiment, the extern temperature and groundwater temperature were quite similar (nearlly 16°C), 
therefore the effect of temperature variation on the pH measurement was minimized. The pH 
measurement error is estimated at 0,1 pH unit for both pH electrodes. 
The multiparameter electrode HI 9828 was used for a continuous monitoring during the pumping 
phase, and the electrode pH 340i was used for alkalinity titration. Continuous pH measurement was 
performed under continuous flux using a specific cell, installed directly at the well head (Fig.3.2.18). 
By this system, physico-chemical parameters pH and Redox were recorded into a system isolated from 
the atmosphere. The automatic routine recorded a dataset of one measure every 10 minutes during the 
72 hours of pumping phase.  
Redox measurement was performed with Ag/AgCl electrode (ref: HI 1296D). Redox was measured in 
ORP (i.e.Oxydo Reduction Potential), in mV. Redox measurement ORP differ from Eh measurement, 
(measured by Standard Hydrogen Electrode). As Redox measurement for equilibrium calculation is 
more appropriate in Eh units, empirical correction factor determined from redox buffer standard 
solution measurement with both SHE and Ag/AgCl electrodes (at fixed temperature) were to dtermien 
Eh. Correction of ORP to Eh values were made by adding 200 mV to the ORP value. 
Alkalinity was measured on the field by titration with H2SO4 and the equivalent point was estimated 



















Fig. 3.2.18: continuous pH measurement at the wellhead during pumping phase.  
Other physico-chemical parameters (T°C, dissolved Oxygen, conductivity, salinity) were monitored 








3.2.6.2. FeII measurements 
 
Dissolved iron can play a significant role in the transfer of other metals elements and on the redox 
control of the solution (Criaud and Fouillac 1986). Dissolved iron exists under two oxidation states, 
Fe(II) and Fe(III). The oxidation of Fe(II) by the oxygen of the atmosphere can be significantly fast 
(Stumm and Lee 1961, Davids and Seed 1983) and Fe(II)/Fe(III) have to be measured as soon as possible 
after sampling. 
 
The Fe(II) concentration was measured using photometer AQUALYTIC® Multidirect AL450. This test 
is made by sampling solution into 10ml cell and reacting with specific reagent (ref: IRON(II)LR). 
The Fe(II) measurement test is based on a single tablet reagent containing 3-(2-Pyridyl)-5,6-bis (4- 
phenylsulphonic acid)-1,2,-triazine (PPST) formulated with a decomplexing/reducing agent in an 
acidic buffer. The test is carried out simply by adding a tablet to the sample of the tested water. The 
decomplexing/reducing agent breaks down weakly complexed forms of Iron. This ferrous iron, 
together with any originally present in the sample, reacts with PPST to form a pink coloration. 
 
The intensity of the colour produced is proportional to the Iron concentration and is measured by 
comparison against Lovibond permanent colour glass standards (ref. Lovibond Iron method 6). It is 
important to take in mind that the measurement of Fe(II) corresponds to the total iron species with 
oxidation state II. Therefore, Fe(II) values includes free Fe2+ plus potential complexed form such as 
FeSO40(aq) or FeHCO3+(aq) .  
 
Protocol was tested for both filtered and non-filtered solution, and no differences were showed. 
Detection limit were 0,1-1,8 mg/L. Measurement values were close to the detection limit before the 
injection test. After injection test, samples was diluted by 5 to be under the maximum detection limit. 
Each measurement was made in two different samples for the same sampling series, and good 
repeatability was observed. 
Unfortunately, total Fe(t) could not be measured on the field. Therefore Fe(t) was measured in 
laboratory. Further Fe (III) could not be measured by this photometer on the field, and Fe(III) was 





3.2.7. Laboratory measurement 
 
In Table 3.2.1 presents the analytical technique and sampling protocol for each measured elements. 
Analyses were performed at the laboratory of Analytical Resources (RESA) at INERIS. Major element 
concentration was analyzed by ionic chromatography. Cations analyses and anions analyses were done 
separately in two different set, using Metrohm® chromatograph IC 850 for anion and IC 872 for 
cation. Sample had to be diluted by 5 to 10 in order to get solution concentrations suited for detection 
limit (0,5 to 10 mg/L). Dilution factor is included in the accuracy values mentioned in Table3.2.1. The 
total dissolved organic carbon (DOC) was analyzed by chemical oxidation technique, using 
Shimadzu® TOC-VCSH machine.  
Manganese, iron, lithium, and silicium analyses were performed by Inductively Coupled Plasma 
Atomic Emission Spectroscopy (ICP-AES), model Jobin Yvon® HORIBA Ultimate 2. Samples for 
iron analyses was diluted by 10. Another set of analyses was performed specifically for calcium and 
lithium, in order to compare measured values with ionic chromatography analyses. 
Other metals elements (As, Cd, Cr, B, Ba, Cu, Rb, Sr, Zn, Mo, Pb, Al) were analyzed by Inductively 
coupled plasma mass spectrometry (ICP-MS), model Perkin Elmer® ELAN 6100 DRC, equipped with 
an ammoniac collision reaction cell. 




Analyses Sampling protocole Analytical Technique Accuracy 
TOC 0,45 μm filtration  Chemical Oxidation  1% 
Ca2+ 0,45 μm filtration  Ionic Chromatography 2% 
Mg2+ 0,45 μm filtration  Ionic Chromatography 2% 
Na+ 0,45 μm filtration  Ionic Chromatography 2% 
K+ 0,45 μm filtration  Ionic Chromatography 2% 
SO42- 0,45 μm filtration  Ionic Chromatography 0,5% 
Cl- 0,45 μm filtration  Ionic Chromatography 1% 
NO3- 0,45 μm filtration  Ionic Chromatography 3% 
F- 0,45 μm filtration  Ionic Chromatography 3% 
Fe 0,2 μm filtration with N2 + Acidification HNO3 ICP AES <5% 
Mn 0,2 μm filtration with N2 + Acidification HNO3 ICP AES <5% 
Si 0,2 μm filtration with N2 + Acidification HNO3 ICP AES <5% 
U 0,2 μm filtration with N2 + Acidification HNO3 ICP AES <5% 
Li 0,2 μm filtration with N2 + Acidification HNO3 ICP AES <5% 
Cd 0,2 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
Cr 0,2 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
B 0,2 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
Ba 0,2 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
Cu 0,2 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
Rb 0,2 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
Sr 0,2 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
As 0,01 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
Zn 0,01 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
Mo 0,01 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
Pb 0,01 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
Al 0,01 μm filtration with N2 + Acidification HNO3 ICP MS <5% 
 




3.2.8. Calculation Method 
 
Analyses of the effect of CO2 perturbation on groundwater composition was made by studying the 
evolution of measured concentrations and physicochemical parameters (temperature, pH, redox) 
before and after water-CO2 injection.  
In order to identify potential reaction paths induced by CO2 perturbation, simulation was performed 
using updated version of geochemical computer code PhreeqC (Parkhust and Appelo 1999) with 
updated database wateq.4f (Ball and Nordstrom 1991). 
 
3.2.9. Redox Measurement and calculation 
 
The perturbation of pCO2 and pH itself has no direct influence on the redox condition. However, 
behavior of minor and trace metals are strongly influenced by redox condition. Numerous chemical 
reactions occurring into natural groundwater are resulting from coupled pH-redox reactions, because 
protons and electrons are interdependent in most of chemical reactions. 
The Eh value was calculated by the Nernst equation: 
 
ܧ݄ሺݒ݋݈ݐݏሻ ൌ ܧ݄r൅ ଶǤଷோ்௡ி ݈݋݃
ሾ௢௫௜ௗ௔௡௧ሿ
ሾ௥௘ௗ௨௖௧௔௡௧ሿ  (3.3.8) 
 
Where Eh° is a standard or reference value at which all substances involved are at unit activity and n is 
the number of transferred electrons. 
 
3.2.10.  Graphs of Concentration Plot  
 
Signal deconvolution Breakthrough curves were constructed by plotting elements concentrations as a 
function of the Injected/Pumped volume ratio. This method allows to normalised the evolution of 





3.3.1. pH-Alkalinity and major elements cocentrations 
 
For most of the breakthrough curves, the maximum concentration was observed during the first hours 
of pumping, with a rapid decrease to baseline concentration after few hours of pumping. The general 
trend of breakthrough curves suggest a low extension of the plume injected around the injection 
borehole. The return to baseline concentrations was observed after a pumped stage corresponding to 
nearly twice the injected volume. We compared concentration at peak arrival time with baseline 
contrations to evaluate the enrichment induced by CO2 water injection on the groundwater chemistry 
(see table A.1).  
During the pumping phase, lower pH values were observed in the early stage of pumping. It is 
important to note that lower pH values of extracted fluids were equal to pH of injected solution (i.e. 
pH 5.7). At the begining of the pumping phase, an increasing in alkalinity by a factor of 2 was 
observed (from 5 10-3 to 1.11 10-2 mol/L). Peak of alkalinity is measured within the lower pH values. 
At the end of pumping phase, alkalinity was similar to baseline concentration.  
The CO2 partial pressure calculated using pH and alkalinity showed pCO2=1,2 atm for lower pH and 
pCO2=1,5 10-2 atm at the end of the pumping phase (see Fig.3.3.2). 
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Fig.3.3.2: pCO2 plotted as a function of pumped volume 
 
 Fig.3.3.3: Akalinity plotted as function of pumped volume 
An increase of about 30% was observed for Ca2+ (from 1 to 1.4 10-3 mol/L) and Mg2+ (from 5 to 6.7 
10-3 mol/L). Similarly to alkalinity Ca2+ ad Mg2+ conentration have the highest value in the early 
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Fig. 3.3.4: Ca2+ and Mg2+ plotted as function of Vpumped/Vinjected. 
 
Alkalinity measurement was performed directly on the field by acid titration with HNO3 on samples 
continuously collected during pumping phase. Analyses of our experiment showed that alkalinity was 
enriched by a factor 2 between baseline concentration and after perturbation of CO2 into the aquifer 
(from 6.2 10-3 mol/L to 1.11·10-2 mol/L). As showed in Fig.3.3.1 and Fig 3.3.3, electrochemical 
measurement of pH during the pumping phase showed an inverse correlation with alkalinity. Further 
the pH values of pumped fluid were similar to pH of injected solution (i.e. pH=5.7). We suggest that 
during the time interval of 80h between injection and the pumping phase, CO2 perturbation produced 
mineral involving production of alkalinity. However, alkalinity production did not induce pH 
modification, we suggest that production of dissolved basic carbonate species by mineral dissolution 
was not sufficient to buffer pH perturbation. 
Considering the charge balance:  
 
2(Ca2+)+2(Mg2+)+(K+)+(Na+) = (Cl-)+2(SO42-)+(HCO3-)+(F-)+3(NO3-)  (3.3.1) 
 
In our case, dominant cations are Ca2+, Mg2+, and Na+, and dominant anions are HCO3- and SO42-, 
therefore neutral balance can be simplified as: 
 
2(Ca2+)+2(Mg2+)+(Na+) = 2(SO42-)+(HCO3-)  (3.3.2) 
 
Further, only Ca2+ and Mg2+ concentration are affected by CO2 perturbation. Therefore the production 
of positive charges by cations (Ca2+ and Mg2+) release was compensated by both anions SO42- and 
HCO3-. In our pH and concentration range, sulfate was considered as none active species.  Thus, we 
suggest the buffering capacity of the system by production of hydrogenocarbonate is inhibited by the 
high sulfate concentration.  
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After the CO2 injection and during the whole pumping phase, Na+ and K+ concentrations are not 
affected by CO2 perturbation and remained quite constant. In mol per litre concentration, alkalinity 
and the sum of Ca2+ and Mg2+ was correlated by: 
 
∆Alkalinity(mol/L)= ∆Ca2+(mol/L) + ∆Mg2+(mol/L)    (3.3.3) 
 
This suggests that the alkalinity production is induced by mineral dissolution, such as carbonate 
minerals dissolution (reaction (3.3.4)), a positive correlation was verified between alkalinity and the 
sum Ca2+ + Mg2+, see Fig.3.3.5.  
 
Fig.3.3.5: Plot of alkalinity versus sum of Ca2+ and Mg2+, a linear correlation is verified after the CO2 injection, 
this correlation is not verified for groundwater composition previous to injection (red point) 
 
Further, a perfect linear correlation is verified between Ca2+ and Mg2+ concentration (see Fig3.6.6). 
This correlation was verified in both groundwaters compositions after CO2 injection. This suggests 
that Ca2+ and Mg2+ concentration was imposed by dolomite dissolution stoichiometric reaction. 
Saturation index calculation indicate SI(Dolomite ordered)=+0,80 for groundwater compositions before CO2 
injection, and SI(Dolomite ordered)=-1,85 after CO2 injection. Groundwater compositions indicated a under-


























Fig.3.3.6: Plot of [Ca2+] concentration as a function of  [Mg2+] in mol/L, 
 
 
Fig.3.3.7: Saturation Index calculation (log IAP) plotted versus the pumped volume (Vpump./Vinj.) 
 
This suggests that dissolution of mineral (calcite and dolomite) occurred and induced a production of 
HCO3- species. Therefore we suggest that the potential production of dissolved carbonates is the 
dissolution of carbonate minerals, following reactions (3.3.4) and (3.3.5), and combined reaction 
(3.3.6): 
CaCO3↔Ca2+ + CO32-   (3.3.4) 
Ca,Mg(CO3)2↔ Ca2+ + Mg2+ + 2CO32- (3.3.5) 
CO32- + H+ ↔ HCO3-   (3.3.6) 
y = 0,9972x - 0,0003 














































si dolomite before injection 




Similar to Ca2+ and Mg2+, Sr increase by  approximately 30% compared to injected solution, and B 
increase by a factor 2, from 4.6 10-5mol/L to 8.4 10-5 mol/L. These two elements can be associated to 
carbonate minerals dissolution.  
Our findings confirms observations in similar field experiments i.e. Kharaka et al. (2006, 2009), 
Kharaka and Cole (2011), Matter et al. (2007), and Zheng et al. (2012). Zheng and co-workers (2012) 
suggested that buffering capacity of reservoir in response to perturbation was too low due to limited 
calcite and dolomite reactive surface area and/or abundance, or low dissolution kinetics in the 
observed time scale of the experiment. Both possibilities can explain our results. 
Further, in our experimental condition, the predominance of inactive pH-species SO42- on the charge 
balance comparing to active base i.e. HCO3- would affect the neutralization capacity in response to pH 
perturbation by CO2.  
 
3.3.2. Cl-,SO42-, Na+, K+ and F- concentrations 
 
No significant variations were observed for Na+, K+, F-. The Cl- and SO42- concentrations were not 
enriched compared to injected solution, and showed a significant decrease over the entire pumping 
phase. 
On first, sulfate concentration were similar between injected solution and first pumped water volumes, 
about 1·10-2mol/L (see fig. 3.3.8). A significant decrease in sulfate is observed over the entire 
pumping phase. Final concentration at the end of the pumped phase is 50% lower compared to injected 
solution and baseline water, from 1·10-2 mol/L to 4,7·10-3 mol/L. Further, an inverse correlation is 
observed between chloride and sulfate (fig. 3.3.8). The concentrations in chloride in the injected 
solution and in first pumped volumes are comparable, nearly 7·10-4 mol/L. Therefore, chloride 
concenttration is considered as not influenced by CO2-water-rock interaction. Chloride however is 
usually considered as a natural inert tracer. An increase in chloride concentration was observed over 
the entire pumping phase: at the final stage of pumping phase, chloride concentration is nearlly two 





Fig. 3.3.8: Cl- and SO4= concentrations plotted as a function of the pumped volume (Vpump./Vinj.) 
 
A similar trend to sulfate was observed for lithium, however observed variation in Li+ concentrations 
were included in the analytical error imposed by chemical analyses. Lithium concentrations measured 
by ICP-AES varied from 5.3 10-5 mol/L to 4.8·10-5 mol/L, with an accuracy of ≈1·10-5 mol/L. 
Therefore the evolution of Li+ behavior could not be used.  
A linear correlation was observed between SO4= and Cl-, (Fig. 3.3.9).  
 
Fig. 3.3.9: SO4= concentrations plotted as a function of Cl- 
According to these results, Cl- and SO42- concentrations can be considered as non influenced by CO2-
water-rock interaction, or by water-rock exchange. Nevertheless Cl- and SO42- concentrations showed 
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Since both elements are considered to be not reactive we propose that, chloride and sulfate 
concentrations were influenced by the possible mixing between different reservoirs with different 
SO42- and Cl- signatures. As previously developed in part 3.2, hydrogeophysical logging and packer 
test identified 3 different hydrogeological units within the entire borehole, designated as Fracture 1 (≈-
30m depth), Fracture 2 (-56m depth) and Fracture 3 (-89m depth). Hydraulic gradient measurement 
revealed a groundwater discharge from Fracture 1 to Fracture 2. Push pull test was performed in 
Fracture 2 isolated by packer system, where a volume of 3 m3 was previously pumped to prepare CO2 
saturated injected solution. Therefore injected solution, previously pumped in Fracture 2 would 
present a chemical signature influenced by both groundwater signature in Fracture 1 and Fracture 2 
waters. Finally, we noted that Fracture 1 groundwater (sampled during packer test) showed similar 
concentration in chloride and sulfate to injected solution.  However, sulfate concentration can be 
influenced by both acido-basic and redox reactions, for example by reduction/oxydation of HS-. 
However, redox measurement and calculation showed oxidative conditions before and after CO2 
perturbation, suggesting a total oxidation of HS- in SO42- in the aquifer. Furthermore, sulfate 
concentration was very high compared to other major ionic species. Thus the SO4 variation due to 
potential oxydation or water-rock exchange could be negligible. 
 
Therefore, the evolutions of sulfate and chloride during the pumping phase may correspond to ( Fig 
3.3.10):  
x Water samples collected during first stage of pumping are characterized by Fracture 1 
chemical signature (rich in SO42-, poor in Cl-),  
x Water samples collected during final stage of pumping are characterized by Fracture 2 
chemical signature (poor in SO42-, rich in Cl-). 





    








































































3.3.3. Minor and trace metals behavior  
 
Despite the observed low variations in major element concentration,, the level of dissolved metals 
showed important enrichment compared to baseline concentrations. 
 
3.3.3.1. Metal speciation 
 
A characteristic feature of most dissolved metals is their tendency to form hydrolyzed species and to 
form complexed species by combining with inorganic anions such as HCO3- or SO42-. The formation 
of aqueous complexes influence their mobility by increasing their solubility. One of the potential 
factors of mobilization of trace metal elements related to the CO2-water rock interaction processes is 
the importance of bicarbonate complexes in the transport of divalent metals (Keating et al 2010, Zheng 
et al 2012). Speciation of dissolved bivalent metals MII can operate into the aqueous phase by forming 
metals-bicarbonate or metal-sulfate complexes. Metals complexes are thermodynamically more stable 
than free M2+. In the pH range of our experiment (5.7≤pH≤7.3), the dominant form of dissolved 
carbonated is anion hydrogenocarbonate HCO3-. In our case, main bivalent dissolved metals are Zn2+, 
Mn2+ and Fe2+. These elements can form weak complexes with SO42- and HCO3-. Due to the high 
concentration in sulfate, and hydrogenocarbonates anions, speciation with SO4 and HCO3- cannot be 
neglected. Reactions of speciation are listed in table 3.3.1.: 
 
Reactions log K*  
Fe2+ + HCO3- ↔ FeHCO3+ 2 
Mn2+ + HCO3- ↔ MnHCO3+ 1,95 
Zn2+ + HCO3- ↔ ZnHCO3+ 2,1 
Fe2+ + SO42- ↔ FeSO40 2,39 
Mn2+ + SO42- ↔ MnSO40 2,25 
Zn2+ + SO42- ↔ ZnSO40 2,34 
*Thermodynamic data from database NIST46.3 
Table 3.3.1: chemical reaction of speciation of bivalent metals 
 
Direct measurement of metal complexes are difficult. Geochemical modeling was used to estimate 
proportion of complexes concentration compared to free bivalent metals concentrations. Calculation 
was run for the different water sample composition, collected at different lapstime of the pumping 
phase. and results are showed in Fig 3.3.11. 
Results showed higher complexed proportion for water presenting higher CO2 perturbation. For 
example about 50% of the total dissolved Zn is complexed (30% ZnHCO3+ + 20% ZnSO40). At the end 
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of the pumping phase, with water composition close to baseline water composition, 43% of total Zn is 
complexed (25% ZnHCO3+ + 18% ZnSO40). For dissolved iron, 43% of total dissolved iron is 
complexed (25% FeHCO3+ + 15%FeSO40). Result for manganese and iron are comparable. 
These results showed that complexed forms of divalent metals are not negligible, and therefore could 
have a potential influence on chemical equilibrium with metals species. The relase of bivalent metal 
release was potentially strongly influenced by speciation with HCO3- and SO42- anions. Further, the 
effect of complexation could significantly affect the occurrence in FeII, and thus FeII/FeIII and 






Fig.3.3.11: Result of calcualted speciation metal concentration plotted versus the pumped volume for Fe, Mn and 























































































































































3.3.3.2. Iron behavior and redox perturbation 
 
Iron showed significant enrichment. The Fe(II) concentration, measured on the field, showed 
enrichment by a factor 5 (1 to 5 10-5 mol/L) and Fe(t) showed an enrichment by a factor 10 (1·10-5 to 
1,3·10-4 mol/L), see Fig3.3.12. 
 
 
Fig. 3.3.12: Fe(t) and Fe(II) plotted as function of Vpumped/Vinjected. 
 
Saturation index were calculated for baseline water and at the peak of pCO2 perturbation (i.e. first 
samples collected during the pumping phase). to evaluate main effects of CO2 perturbation on water-
rock equilibrium, and potential main sources of dissolved iron. 
 
 FeII, Redox measurement and calculation  
 
Only few chemical elements are important in the natural redox system (Fe, S, Mn, and C). Equilibrium 
between all the redox systems generally does not occur, except for some geothermal water (Stumm 
and Morgan 1996, Beaucaire and Toulhoat 1987, Criaud and Fouillac 1986). At the mineral-water 
interface, redox buffering capacity is due to the presence of electron donors or receptors on the solid 
surface, such as Fe(OH)3(s), Fe2O3(s), FeCO3(s), MnO2(s) or FeS2(s). Therefore, a mixed potential or a 
potential following the predominant system might govern the redox state of groundwater. Redox was 
mesured by a standard electrode. Since redox sensitive species such as iron are present in significant 

















Fe(t) (prior to injection) 
Fe(II) 
Fe(II) (prior to injection) 
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solid components such as ferric hydroxide or oxyhydroxide. Thus, the corresponding Eh values can be 
calculated by the Nernst equation for the ferrous/ferric species (Criaud and Fouillac 1986). 
In our experiment, the injected solution was prepared with 3m3 of water previously pumped into the 
aquifer. This water was temporally stored during 12 hours into a plastic water tank, and saturated in 
CO2 by a bubbling system, before re-injection (see Fig. 3.2.13). During this laps-time, an equilibrium 
with the oxygen of the atmosphere may have occurred. A low redox increase was measured at the 
electrode and few iron oxides deposits were observed at the bottom of the water tank, showing that 
oxidation of the injected solution occurred. Therefore a potential perturbation of redox into the aquifer 
in addition to CO2 perturbation had to be considered. 
Redox potential was estimated using FeII/FeIII couples, in the Fe-CO2-H2O system (Stumm and 
Morgan 1996).  
Following reactions were considered: 
 
Fe2+ + 2H2O ↔ FeOOH(s) + 3 H+ + e-    (3.3.9) 
Fe2+ + 3H2O ↔ Fe(OH)3(s)+ 3H+ + e-     (3.3.10) 
FeCO3(s) + 3H2O ↔ Fe(OH)3(s) + 2H+ + HCO3- + e-   (3.3.11) 
 
Considering the reactions with oxihydroxide iron(3.3.9) and hydroxide (3.3.10), the Eh equation can 
be expressed by: 
 
ܧ݄ ൌ ܧ݄଴ െ Ͳǡͳͺ݌ܪ െ ͲǡͲͷͻʹ  ܽሺܨ݁ଶାሻ  (3.3.12) 
Where the term Eh0 is defined as standard value for the specific redox couple. Using measured pH and 
Fe(II), the Eh of the solution was calculated and compared to the electrochemical measurement Fe(II) 
measured on the field corresponds to free Fe2+ plus complexed Fe(II). In our case, groundwater 
composition presented high concentrations in HCO3- (10-2mol/L), and SO42- (10-2mol/L), therefore iron 
species FeHCO3+ and FeSO40 cannot be neglected in the free Fe2+ calculation. Thermodynamic 
equilibrium calculation was used to estimate the concentration of free Fe2+. 
Eh0 values were chosen for FeOOH well crystallized phase, i.e. E0= 1.06V for Ferryhydrite Fe(OH)3 
(Serrebrennikov, 1977), E0=0,81V for goethite α-FeOOH (Ball and Nordstrom 1991), E0=0.88V 
lepidocrocite γ-FeOOH (Langmuir, 1969). 
Considering the equilibrium siderite-ferryhidrite (reaction (3.3.11)), redox potential was estimated by 
the pe-pH relation: 
 
݌݁ ൌ ͳ͸ െ ʹ݌ܪ ൅ ሺܪܥܱଷି ሻ (3.3.12) 




Calculated Eh was plotted versus measured Eh: 
 
Fig. 3.3.13: Comparison between measured Eh and calculated Eh using Fe2+/Fe(OH)3, Fe2+/FeOOH redox and 
FeCO3/Fe(OH)3 redox couple.  
 
The difference between measured Eh and calculated Eh is comprised between 2 mV to 40 mV for 
ferryhidrite Fe2+-Fe(OH)3, and ferryhidrite-siderite equilibrium (see Fig.3.3.13), while Eh values 
calculated from equilibrium with goethite (α-FeOOH) and lepidocrocite (γ-FeOOH) produced 
inconsistent values, with differences between measured and calculated Eh ranging from 150 mV to 
300 mV. 
These results suggested that the conditions in our experiment, redox potential is nearly controlled by 
Fe2+-Fe(OH)3 and siderite-Fe(OH)3 equilibrium. Eh values range between +20 and +250 mV, 
suggesting that the groundwater in this system can be considered as oxic/sub-oxic waters (including 
these of baseline conditions previous to pCO2 perturbation), with relatively low variation of Eh. This 
confirms our hypothesis of the weaky redox perturbation during the CO2 injection. Due to the 
oxidative conditions, organic matter was considered as oxidated, and having negligible effect on redox 
control. 
Previous works from Beaucaire and Toulhoat (1987) on the groundwater in the area of Lodève, and 
Criaud and Fouillac (1986) on CO2 rich thermal water from Massif Central mountain have shown that 
groundwater potential redox can be estimated by the equilibrium with hydrous ferrous oxide FeOOH, 
ferric oxide Fe(OH)3 and ferrous carbonate FeCO3. 
Chemical reactions involving iron oxide/hydroxide (reaction 3.3.2 to 3.3.4) are both acido-basic and 
redox dependent. A useful tools to study reaction sensitive to combined effect of redox and pH is the 





























A pe-pH diagram was constructed for a system containing Fe, CO2, H2O, and solid phase ferrihydrite 
Fe(OH)3, FeCO3 (siderite), Fe(OH)2 and Fe0. Reactions used to construct the pe-pH diagram are listed 
in table 3.3.2.  
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reaction  pe function   
Fe3+ + e- = Fe2+ pe=13+ log ((Fe3+)/(Fe2+)) (1) 
Fe2+ + 2e- = Fe(s) pe=-6,9 + 1/2 log (Fe2+) (2) 
Fe(OH)3(s) + 3H+ + e- = Fe2+ + 3H2O pe=16 - log (Fe2+) - 3pH (3) 
Fe(OH)3(s) + 2H+ + HCO3- + e- = FeCO3(s) + 3H2O  pe= 16 - 2pH + log (HCO3-) (4) 
FeCO3(s) + H+ + 2e- = Fe(s) + HCO3-  pe= -7 - 1/2 pH - 1/2 log (HCO3-) (4) 
Fe(OH)2(s) + 2H+ + 2e- = Fe(s) + 2H2O pe= -1,1 - pH (5) 
Fe(OH)3(s) + H+ + e- = Fe(OH)2(s) + H2O pe= 4,3 - pH (6) 
  pH function    
FeCO3(s) + 2H2O = Fe(OH)2(s) + H+ + HCO3- pH= 11,9 + log (HCO3-) (7) 
FeCO3(s) + H+ = Fe2+ + HCO3- pH= 0,2 -log (Fe2+) - log (HCO3-) (8) 
 
Table 3.3.2: equation used for the construction of pe-pH diagram for the Fe-CO2-H2O system  
 
 
Fig. 3.3.14: pe-pH diagramm for the system Fe, CO2, H2O. Stability field of solid phases and aqueous species 
Solid phases are Fe(OH)3 amorphous, FeCO3 (sidérite), Fe(OH)2 and Fe. Carbone total CT=10-2 mol/L, dissolved 




Fig. 3.3.14 shows that water pe and pH corresponding to our experiment. We see that predominant 
iron species in our experiment are Fe(OH)3(s), and Fe2+ (see Fig.3.3.15). However, considering the 
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analytical and equilibrium calculation uncertainty, we can consider that water are close to triple point 
Fe2+-FeCO3-Fe(OH)3.  
Given the dominant reaction of pH-redox domain (see pe-pH functions (3), (4) and (8)in table 3.3.2), 
for a given pe value, a small change in pH produce a significant variation on Fe2+, while small 
changing in Fe2+ or Redox would have a low effect on pH. As showed in Fig. 3.3.14, redox variations 
during our experiment were slights comparing to pH variation, suggesting that iron behavior in our 
system is more dependent on the pH perturbation.  
 
Baseline solution are saturated with respect to siderite and over saturated with respect to ferrihydrite. 




Previously to injection  0,25 1,88 
After CO2 injection  -1,06 -2,37 
 
Table3.3.3: Saturation index for siderite and ferrihydrite phase in groundwater before and after CO2 injection 
 
We propose that the CO2 perturbation is responsible for the dissolution of ferrihydrite Fe(OH)3 and   
siderite FeCO3. Both reactions however participate to the iron release: 
 
Fe(OH)3 + 3H+ ↔ Fe3+ + 3H2O 
FeCO3 + H+ ↔ Fe2+ + HCO3- 
 
Further, saturation was calculated for all chemical compositions measured continuously over the 
pumping phase, and plotted versus the pumped volume (see Fig.3.3.13). We can see a good correlation 
between SIFe(OH)3 and dissolved iron in solution, with a gradual increase of SI forward the saturation 
state over the entire pumped phase. This confirms that potential source of iron release following the 
pCO2 perturbation was induced by dissolution of iron hydroxide ferrihydrite Fe(OH)3 via reaction (5) 
in table 3.3.2.  
SI for siderite showed a weak decrease after CO2 injection, but no clear correlation between siderite SI 




Fig.3.3.15: Plot of SI Fe(OH)3 and FeCO3, and total dissolved iron Fe(t) plotted versus pumped volume 
(Vpump./Vinj.) 
 
Saturation index calculation using pH, redox and water composition suggested that source of iron 
release induced by pCO2 perturbation was controlled firstly by ferrihydrite reactivity, with potential 
participation of siderite. 
Ferrihydrite is a trivalent iron amorphous mineral specie, with high solubility. According to chemical 
analyses, dissolved iron is present in both FeII and FeIII species, in nearly equal proportions. Therefore, 
we propose than main source of bivalent iron might be the dissolution of siderite, and main source of 
trivalent iron might be the dissolution of ferrihydrite. However, it is important to keep in mind that the 
boundary domains between solid phases and dissolved species are based on specified activity values, 
and that the validity of stability domain as thermodynamically defined equilibrium conditions is 
dependent on the reliability of the free-energy data. In particular, iron hydroxide Fe(OH)3 is a 
substance of variable crystallinity which has different ∆G0 values, depending on its crystalline form. 
Therefore, considering Fe(OH)3 as a main source of dissoled FeIII is a plausible scenario, but the 
occurrence of other iron oxides dissolution forms cannot be ignored.  
Further, these calculations suggest that reactivity is firstly controlled by acidification due to pCO2 
perturbation. According to thermodynamic equilibrium calculation, and range of redox variation, 
reactivity appears as dominated by pH perturbation. 
However, bivalent iron concentration appears significantly high despite measured oxidative condition. 
This large proportion of bivalent iron can be explained by complexation of Fe2+ with dissolved SO42- 






















































3.3.3.3. Manganese behavior 
 
An important increase of Mn was observed, with an enrichment by a factor of 5 (Fig.3.3.16). 
 
 
Fig. 3.3.16: Mn plotted as function of Vpumped/Vinjected 
 
Potential sources for dissolved manganese could be dissolution of manganese oxides or hydroxide 
such as pyrolusite (MnO2), pyrochroïte (Mn(OH)2) or manganite MnOOH. Thermodynamic 
calculation results show that all of these phases were undersaturated before and after pCO2 
perturbation. Therefore, the dissolution of manganese oxide-hydroxide phase could not be clearly 
identified in the range of pCO2 variation of this experiment 
On the other hand, a good correlation was observed between SI index of manganese carbonate 
rhodocrosite (MnCO3) and CO2 injection (see Fig 3.3.17).Baseline water appeared weakly 
undersatured before CO2 injection, and clearly under saturated after CO2 injection. Dissolution of 
Rhodocrosite MnCO3 could be the potential main source of dissolved following chemical reaction: 
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3.3.3.4. Arsenic behavior 
 
Arsenic showed an increase by a factor 2 (Fig3.3.18). 
 
Fig. 3.3.18: Mn plotted as function of Vpumped/Vinjected 
 
Thermodynamic equilibrium calculation did not identify particular mineral phase as a source arsenic. 
A potential source for As could be the dissolution of sulfur mineral (AsxSx). However, due to the high 
amount in SO4 of our experiment, and oxidative condition, dissolution of sulfur minerals could not be 
clearly identified by thermodynamic approach. Equilibrium calculation using thermodynamic database 
are difficult for application to trace elements such as arsenic. Another potential important source of As 
could be dissolution of metals oxide-hydroxide. Arsenic can be present as cosorbed elements on the 
iron oxyhydroxides surface(Stumm and Morgan 1996, Waychunas 2002). Redox condition 
measurement suggest that predominant dissolved arsenic species is under the form of arsenate 
H2AsO4- (i.e. As(V)). Appelo et al. (2002) showed that release of sorbed arsenic in groundwater from 
iron hydroxides surface are influenced by the presence of dissolved carbonate in solution. The sorption 
of carbonate on ferryhydrite reduces the sorption capacity of As by displacing effect of carbonate on 





















3.3.3.5. Zinc behavior 
 
The higher enrichment was observed for Zn, with an enrichment by a factor of 25 (Fig 3.3.19). 
 
 
Fig. 3.3.19: Mn plotted as function of Vpumped/Vinjected 
 
Thermodynamic equilibrium calculation did not identify particular mineral phase as a source for Zn. A 
potential source for Zn could be the dissolution of sulfur mineral (ZnS, ZnS2, etc.). However, due to 
the high amount in SO4 concentration of our experiment, and oxidative condition, dissolution of sulfur 
minerals could not be clearly identified. Another source for Zn could be the dissolution of carbonate. 
Similarly to As, another potential important source of Zn could be dissolution of metals oxide-
hydroxide. Indeed, Zn and As can be present as cosorbed elements on the iron oxihydroxides surface 
(Stumm and Morgan 1996, Waychunas 2002). Zinc enrichment is significantly higher than other 
dissolved metals. These different trends can be explained by a differential speciation phenomenon. In 
particular dissolved Zn and As concentrations were comparable previously to injection in both water 
and rock, with a ratio Zn/As comprised between 1 and 1.7. However, following the CO2 injection test, 
Zn was enriched by a factor of 25, and As was only enriched by a factor of 2 (Fig.3.5.5 and table A.2). 
Gräffe et al. (2004 and 2005) studied the co-sorption and desorption of Zn and As on goethite surface. 
They studied the desorption of Zn(II) and As(V) at pH=5.5 from goethite surface, and showed that 
relatively more Zn(II) was released than As(V). One possible reason may be the elongated apical Zn-O 
bonds, when the O atoms are shared with Fe3+ and/or As5+ centers. The elongated Zn-O is weaker and 
more prone to attack by H3O+. Ding et al. (2000) proposed that Zn-Fe complexes on the iron 
hydroxide surface are weaker than As-Fe surface complexes, due to greater energy differences 
























molecular orbital (HOMO) of the sorbent and the consequently lower potential molecular energies of 





3.3.3.6. Molybdenum behavior 
 
Contrary to other elements, molybdenum concentration showed an inverse correlation to other 
dissolved metals, with a decrease by a factor 2 following the CO2 injection, and a slowly increase over 
the pumping phase before returning to initial concentration, as showed in Fig. 3.3.20. The behavior of 
Mo as a function of pH, redox and different solution chemistry was extensively developed as part of 
mine and industrial waste water management. According to our calculation, dissolved Mo was under 
the anionic form MoO42-. Morrison and Spandler (1992) studied the precipitation and sorption of Mo 
on iron oxides for use in chemical barriers in groundwater remediation. Their works showed that 
sorption percentage of MoO42- on ferric oxide surface is maximum for acid to neutral pH range (from 
2 to 7) and significantly decrease from neutral to basic pH (from 7 to 12). Therefore, acidic 
perturbation caused by CO2 injection would have increased the sorption of MoO4- on ferric oxide 
surface. Another possibility to explain the opposite behavior of Mo is the precipitation of FeMoO4 
involved with release of Fe2+. Thermodynamic calculation showed a slight increase of saturation index 
of FeMoO4 before and after injection, but this variation was included in the analytical error, therefore 
this hypothesis could'nt be formally confirmed.  
 




















Mo previous to injection 
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3.3.4. Effect of fluid dynamic on chemical concentration 
 
Elements concentrations presenting major modifications induced by pCO2 perturbation were Fe, Mn, 
Zn, As.  
Concentrations of reactive elements can be plotted as function of time since injection stopped (Fig. 
3.3.21) In this case, two phases can be identified: a first phase of 80 h following the water-CO2 
injection called “incubation time”, and a pumping phase of 72 h (i.e. from 80 h to 142 h) (see Fig 
3.3.21). 
During the first phase, chemical composition of the injected solution is modeified by CO2-water-rock 
interaction and mixing with the baseline aquifer water. As previously mentioned, the natural 
groundwater flow was considered as negligible in our experimental site. Between the time since the 
injection stopped, and the start of the pumping phase, the aquifer portion impacted by injection can be 
considered as a system with constant volume, pressure and temperature, with no transfer or exchange 
of matter. We assume that influence of natural groundwater flow occurring into the aquifer was 
negligible. This system can be considered as thermodynamically isolate, where we assume that the 
increase in dissolved concentrations was mainly driven by chemical reaction induced by pCO2 
perturbation, and mixing with aquifer water.  
On the second phase, the measured concentration corresponds to fluid samples collected during 
pumping phase. During this phase, a forced transport process was induced by pumping, and measured 
concentrations were influenced by two factor that are CO2-water-rock interaction, and fluid dynamic 
(mixing, advection, dispersion, diffusion). The influence of mixing within the baseline aquifer water 
on the measured concentrations increase as the pumping volume increases.  
The effect of fluid dynamic on measured concentration during the pumping phase cannot be neglected 
and have to be estimated to quantify the actual concentration added by CO2 water-rock interaction and 





Fig.3.3.21: Breakthrough curve resulted from push-pull test. Chemical concentration of reactive species (Fe) is 
plotted as function of time since CO2-water injection ended. The incubation time of 80h, and the pumping phase 
are mentioned. The chemical concentration previous to injection is indicate in order to appreciate the enrichment 
in concentration induced by CO2-water injection. 
Therefore, two different stages were considered in the analysis of mineral reactivity: 
x A first phase, corresponding to the phase between the previous to injection condition and first 
pumped sample 80h after CO2 injection, where measured concentrations are considered are 
mainly driven by CO2-water-rock interaction process 
x A second phase, corresponding to measured data over the pumping phase, where transport and 




3.4. Estimation of in-situ reaction rate of metal release calculation 
 
Push-pull test results were determined by breakthrough curves analyse (Istok et al 1997, Haggerty et al 
1998). Similar techniques were tested in a wide range of environmental issues, such as chloride 
solvent degradation (Lee et al 2010), nitrate degradation (Boisson 2010), or to evaluate storage 
capicity of reservoir. Haggerty, Istok and coworkers (1997, 1998, 2001) developed a method based on 
assumption that the injected test solution is well mixed within the portion of the aquifer assayed by the 
test, and that the retardation factor induced by hydraulic parameters (advection, diffusion, dispersion, 
mixing) is the same for the tracer and the reactant. Differential trend between the reactant and the 
tracer breakthrough curves can be used to estimate the in situ reaction rate of the reactant. The relative 
concentration of the reactant cd(t) (i.e. the measured concentration divided by the injected 






Where ctr is the relative concentration of the tracer, and k corresponds an in situ reaction rate. 
Therefore equation (3.4.1) can be rewritten as: 
 
݈݊ ቀ௖೏ሺ௧ሻ௖೟ೝሺ௧ሻቁ ൌ െ݇ݐ (3.4.2) 
 
For this simple case, we can obtain an estimation of k by measuring ctr(t), cd(t) and applying a linear 
fitting by least-square technique on a semi-log plot of ln((cd(t)/ctr(t)) versus time t (Levenspiel 1989). 
Equt 3.4.2 can be adapted to push-pull test using conservative tracer and the reactant that undergoes a 
first order or pseudo first order of reaction. In our case, dissolution of oxide minerals induced by CO2 
perturbation and involved pH acidification appeared as not ruled by a first order of reaction. A method 
based on mass balance transfer can be used to estimate in-situ reaction rate (Matter et al 2007). This 
technique was used to evaluate the dependence of reaction rate with pH and pCO2. In particular, this 
method has been adapted to analyse our experimental results concerning metal releases in order to 
estimate in-situ reaction rate induced by CO2 perturbation. 
 
3.4.1. Mass transfer balance  
 
In our experiment, artificial inert tracer was not added into the injected solution (see part 3.4). Indeed, 
trace metal concentration can be easily influenced by complexation or variation of ionic strength. 
Thus, adding important quantity of ionic (NaCl) or fluorescent (uranine) tracer would have probably 
influenced chemical reactions. We adopted sulfate as conservative tracer, since its concentration was 
not influenced by redox and water-rock interaction, and injected solution had a different signature 
comparing to baseline water in the aquifer.  
Measured solute concentrations enabled breakthrough curves for each solute to be plotted as a function 
of pumped volume. The background (i.e. previously to injection) solute concentrations were 
subtracted from the measured values to account for pre-injection concentrations in the ambient aquifer 
water. The injected solution is mixed with the ambient aquifer water. Samples collected at the 
wellhead during the pumping phase represent a mixture of injected water and ambient aquifer water.  
A dilution ratio can be calculated by: 
 
൫େౣ౛౗౩౫౨౛ౚିେౘ౗ౙౡౝ౨౥౫౤ౚ൯




A mass transfer calculation can be made using the inert tracer (i.e. SO42-) breakthrough curve, 
and the recovery percentage for the injected solution can be quantified by:  
 
୉୶୲୰ୟୡ୲ୣୢ୑ୟୱୱ
୍୬୨ୣୡ୲ୣୢ୑ୟୱୱ ൈ ͳͲͲ ൌ ሺΨሻ (3.4.5) 
 
The inert tracer concentration breakthrough curve is considered as influenced exclusively by hydraulic 
factors such as solutes losses due to advection, dispersion or diffusion. Breakthrough curves of 
reactive solutes are used to quantify bulk rock dissolution. The total mass of all recovered solutes was 
derived by integration of the breakthrough curves. The total mass of solutes obtained by water-rock 
reactions was derived from mass balance calculations using the dilution factors calculated from inert 
tracer solution concentrations.  
Therefore, mass balance and recovery proportion was calculated for each reactive tracer, i.e. Fe, Mn, 






Fe Mn Zn As SO4 
Injected Mass (mol) 0.0255 0.00405 0.00204 0.00118 28.2 
Extracted Mass (mol) 0.2193 0.01118 0.01081 0.01207 18.20 
Mass added by reaction (mol) 0.2981 0.01096 0.01349 0.01676 0 
Recovery (%) - - - - 64.5 
 
Table 3.4.1: Mass Balance and Recovery Proportions for Iron, Manganese, Zinc, Arsenic and Sulfate. 
The extracted mass is corrected by background concentration in the ambient aquifer water. Sulfate was 
used as conservative tracer in the single well push-pull test, the mass added by CO2-water-rock reaction 
was corrected for about 65% recovery. 
 
The rate of element release, is reflected in the rate of change of the corrected solute concentration. The 




Fig. 3.4.1: proportion estimated of native groundwater fraction as a function of pumped fluid 
 
The measured cation concentrations in the retrieved water samples reflect mixing between the ambient 
aquifer water and the injected solution plus the addition of elements by water-rock reactions. 
Therefore, assuming a binary mixing between the injected and ambient waters (Fig.3.4.2), we can 
calculate the term Cmix by the following equation:  
 
ൌ×൅ሺͳǦሻ×  (3.4.6) 
 
where X is the fraction of the injected solution estimated from sulfate concentrations, and Cambient is the 
background aquifer groundwater composition previous to injection. Fraction of the injected solution 
(or dilution factor) was calculated with sulfate.  
The difference between the measured solute concentrations (Cmeas) and the mixing value (Cmix) is 
attributed to the dissolution of the bulk rock and defined as Creact in Table 3.4.2. Computations, which 
account for the dilution and hence for the 65% recovery fraction, show that the following total masses 
are added by reactions: 2.98·10-1 mol of iron, 1.10·10-2 mol of manganese, 1.68·10-2 mol of arsenic 
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Fig.3.4.2: Reactive chemical elements (Fe, Mn, As, Zn) versus inert tracer (sulfate), illustrating the mixing 
line between the native groundwater and the injected solution as well as the data from water samples 
extracted after the CO2 injection. All extracted water samples are above the mixing line, indicating 










































































3.4.2. In-situ rate of release estimation 
 
Average bulk rock dissolution rates were estimated by elements release rates using the following rate 
equation (Matter et al 2007): 
 
 ൌ େ౨౛౗ౙ౪ሺ௧ሻ൉௏೛ೠ೘೛೐೏௧౨ή୅  (3.4.7) 
 
Where R is the in-situ dissolution rate, of the rock in contact with the interacting fluid (mol/m2/h). The 
term tr defines the time since the injection stopped, A designs the surface rock in contact with the 
reactive fluid into the aquifer. Creact is the concentration of the element resulting from the CO2-water-
rock interaction. Creact.corresponds to the measured concentration corrected by ambient concentration 
of the aquifer previously to injection, and corrected by a dilution factor induced by physical transport 
processes (diffusion, dispersion and advection).  
aquifer For each water samples, the term Creact can be calculated from the measured concentration 
Cmeas. using equation (3.4.4) and the correction factor, calculated by sulfate mass transfer. The dilution 
factor was estimated by mass balance of SO42-, considered as non reactive tracer in our case. 
It is important to note that rock surface area designed by A is a parameter deduced from the porosity 
of the rock. In our case, we used the total surface area of mineral in contact with fluid (estimated with 
the porosity).  
The aquifer volume influenced by the pushpull process is estimated assuming (1) a radially symetrical 
flow field around the injection well (cylindrical model) and (2) an effective connected porosity of 2%,  
Since one parcel of injected solution travelled a greater radial distance from the injection point than 
the previous one, each extracted water sample is representative for a specific region of influence (i.e., 
aquifer volume) with a specific radial distance (r) from the well. The aquifer volume and radial 
distance for each cylinder was computed assuming the radially symetrical model. The geometric 
surface (A) of each specific cylindrical aquifer volume was calculated using the estimated aquifer 
porosity and the radial distance. Since each water sample is representative of one cylinder (Fig. 3.4.3), 
the rock surface area in contact with reactive fluid is defined for each cylinder. 
Assuming that the aquifer affected by injection-extraction experiment is an homogeneous confined 
aquifer with 2% of connected porosity and 3 m thickness (corresponding the inter-packer distance), 
the radius of each cylinder representing the total volume of water+rock can be estimated for each 
pumped volume. Therefore, the radius affected by 3m3 of injected volume is about 15 m, while the 
total radius corresponding to the 22,5 m3 pumped volume at the end of the extracted phase is about 116 






Fig. 3.4.3: Single-well push-pull test schematic indicating (a) the proportion of aquifer close to the 
injection/extraction well with increasing dilution away from the well and (b) the plan view of the radially 
symetrical aquifer model (adapted from Istok [2002] and Matter [2007]). 
 
For each water samples, the corresponding differential volume ∆V(t) can be calculated by:  
 
∆V(t)=Vpump.(t)-Vpump.(t-1)  (3.4.8) 
 
The total surface rock A in contact with interacting fluids was estimated assuming a reservoir rock 
composed by homogeneous spherical grain of 2mm radius and the total volume of aquifer portion 
affected corresponding to each pumped volume, composed by 2 mm spherical grains, and 2%  
connected porosity. 
Therefore, in situ reaction rate can be calculated by equation (3.4.7) for each water samples collected 
at time tr, considering to ∆V volume of extracted fluid as: 
 
 ൌ େ౨౛౗ౙ౪ሺ௧ሻ൉ο௏ሺ௧ሻ௧౨ή୅  (3.4.9) 
 
Estimations for Fe, Mn, As and Zn release are showed in table 3.4.3.Therefore, for each water 
samples, a bulk rock dissolution rate R can be calculated using equation (3.4.9), considering Creact, the 
reaction time tr, which corresponds to the elapsed time since the injection stopped, A the total surface 










































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































Time (h) pH pCO2  
Surface 
Area  LogR(Fe) log R(Mn) logR(Zn) logR(As) 
m3 hours   atm m2 mol/m2/h mol/m2/h mol/m2/h mol/m2/h 
0.1 80.3 5.6 1.15E+00 157.00 -6.067 -7.556 -6.877 -8.457 
0.323 80.9 5.7 6.54E-01 507.11 -6.232 -7.722 -7.041 -8.727 
0.593 81.6 5.9 5.00E-01 931.01 -6.441 -7.992 -7.600 -8.950 
0.685 81.8 6.07 4.36E-01 1075.45 -7.064 -8.687 -8.388 -9.532 
0.989 82.6 6.23 2.79E-01 1552.73 -7.118 -8.670 -8.490 -9.469 
1.296 83.4 6.25 2.37E-01 2034.72 -7.041 -8.612 -8.477 -9.357 
1.688 84.4 6.33 1.85E-01 2650.16 -7.101 -8.679 -8.653 -9.475 
2.18 85.7 6.36 1.75E-01 3422.60 -7.231 -8.810 -8.834 -9.575 
2.32 86.1 6.38 1.59E-01 3642.40 -7.833 -9.409 -9.319 -10.262 
2.62 86.9 6.4 1.56E-01 4113.40 -7.563 -9.184 -9.165 -9.916 
2.89 87.6 6.4 1.45E-01 4537.30 -7.714 -9.390 -9.318 -10.057 
3.2 88.4 6.43 1.42E-01 5024.00 -7.727 -9.391 -9.261 -10.224 
4.32 91.4 6.47 1.07E-01 6782.40 -7.320 -8.651 -9.461 -9.713 
4.493 91.8 6.51 1.11E-01 7054.01 -8.212 -9.974 -10.200 -10.577 
6.332 96.7 6.57 9.19E-02 9941.24 -7.579 -10.165 -10.453 -10.047 
 
Table 3.4.3: Rate of reaction estimated for each reactive chemical elements (Fe, Mn, As, Zn) calculated at each 
pumped volume. Values of total surface of rock in contact with fluids A (m2) are reported, and values of pH, 






3.4.3. Influence of pH and pCO2 on rate of release 
 
Fig. 3.4.4 show the estimate rate R as a function of log (H+) and pCO2. The pCO2 values were 
calculated from pH and alkalinity measurements. 
 
 
Fig3.4.4: in-situ reaction rate for Fe, Mn, As, Zn, plotted as a function of log(H+) and pCO2. 
 
We found that in-situ reaction rate are ranging from 8.56·10-7 to 4·10-9 mol/m2/h for Fe, 4.63·10-9 to 
1.73·10-12 mol/m2/h for Mn, 3.49·10-9 to 2.2·10-11 mol/m2/h for As, 1.33·10-7 to 3.52·10-11 mol/m2/h for 
Zn. Rates decreases are correlated to an increase in pH from 5.7 to 6.85. Variations of in-situ reaction 






























































































Where R is the rate of release (mol/m2/h), k is the coefficient of reaction rate (mol/m2/h), [H+] the 
proton concentration, and n is the reaction order. To quantify the influence of pH variation on the in-
situ dissolution rate, coefficient k and n can be calculated by linear regression using the last square 









Table 3.4.4: Empirical rate law for reaction of Fe, Mn, As, Zn as function of pH, coefficient determination R2 
 
 
3.4.4. Discussion  
The release of dissolved metals induced by CO2 injection into groundwater was estimated in this 
experiment. As expected, dissolved CO2 provides protons that accelerate mineral dissolution. 
Dissolution of the bulk rock material was clearly indicated in this in situ experiment by a shift upward 
from the mixing lines with dilution of the injected solution by aquifer water (see Fig.3.4.2). An 
enrichment of dissolved iron, manganese, zinc and arsenic was observed. A corrected concentration 
was calculated using mass balance calculation of sulfate as inert tracer to estimate the part of dissolved 
elements actually mobilized by CO2-water-rock interaction processes. Using the calculated mass 
transfer terms of Fe, Mn, As, Zn, the incubation time, and the calculated surface areas, bulk rock 
dissolution rates of aquifer material were estimated. 
The dependence of in-situ reaction rate on pH and pCO2, was used to determine empirical rate laws to 
correlate the rate of release of elements and bulk rock dissolution reaction as function of pH for each 
individual reactive chemical elements, i.e. Fe, Mn, As and Zn. 
For range of pH increase from 5.7 to 6.7, the in situ dissolution rate increases by 2 order of magnitude 
for Fe, Mn, and As, and 4 orders of magnitude for Zn.  
Zinc is known a very mobile element in the environment, due to high reactivity with pH, and 
speciation with sulfate and carbonate. The source of zinc could be the desorption from the oxi-
hydroxide minerals or carbonate minerals, plus the combined effect of speciation with carbonate and 
sulfate (Gräfe and Sparks 2005, Gräfe et al 2004).  
   k n R2 
R(Fe) 4.9 1.94 0.82 
R(Mn) 5.86 2.36 0.78 
R(Zn) 12.2 3.35 0.89 
R(As) 2.04 1.87 0.79 
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Desorption from ferrihydrite can be also proposed for As, however but in lower proportion, this 
element is not influenced by secondary reaction of speciation with HCO3- and SO42- anions, as 
developed previously. The release of As by desorption from iron hydroxide surface could be issued 
from the competitive sorption with carbonate (Appelo et al 2002, Arai et al 2004, Brechbül 2012).  
 
It is important to highlight that in-situ reaction rate calculation is theoretically possible for elements 
for which no effect of precipitation or sorption reactions occur. In the particular case of iron, 
geochemical calculation showed potential precipitation of goethite (α-FeOOH) and hematite (Fe2O3). 
Although, goethite and hematite are more stable than ferrihydrite (Stumm and Morgan 1996). Their 
kinetic of precipitation are slower than dissolution kinetics of ferrihydrite. Schwertmann and 
coworkers works (1983, 2003, 2004) on the effect of pH and temperature on the conversion of 
ferrihydrite to goethite/hematite showed that half-life reaction of conversion in the pH range 5 to 7 and 
15°C ranging from hundred days to several years. Therefore, these reactions were considered as 
negligible on the iron concentration and dissolution kinetic of Ferrihydrite Fe(OH)3.  
 
Saturation index calculation suggested dissolution of iron oxide as main source of dissolved 
metals.The influence of pH on rate release was calculated by empirical rate law which describe the 
rate of dissolution as a function of H+ concentration. In our case, dissolution rate were determined per 
square meter of the bulk rock in contact with reacting fluid estimated by porosity. Since iron oxides is 
a major constituent of the bulk rock, this relation can be applied to iron release, but higher incertitude 
does exist for other reactive elements. Our calculation shows that the rate of realease of oxi-hydroxide 
metals as a function of H+ obeys to a second order rate law for Fe, Mn and As, and fourth order for Zn 
suggesting that dissolution of Fe, Mn, As and Zn minerals requires protonation of 2 to 4 metals atoms 
on the "oxide-hydroxide mineral surfaces". Previous works on parameters influencing the rate of 
dissolution of minerals, metals carbonate and oxides dissolution rate is influenced by effect of 
carbonate and sulfate lignads affinity of the reaction (Stumm and Morgan 1996; Lasaga 1998; 
Pokrovsky et al 2002, 2004, 2005, Brantley et al. 2008, Bruno et al 1992, 2000; Pokrovsky and Schott 
2002).. The combination of these different phenomena might explain the complex order of reaction of 
oxide this dissolution on surface metal oxide and carbonate. However such assumption should be 
verified by experimental protocol based on pure mineral phase by measuring rate of dissolution under 
different pH. 
 
To conclude, in this part we proposed a method to quantify rate of release of reactive metals (Fe, Mn, 
Zn, As) for application to single push-pull test experiment. SO4 and Cl- concentrations in the injected 
solution had a different signature compared to the aquifer, thus were used as inert tracers only affected 
by fluid dynamic (i.e. dispersion, advection, diffusion, mixing). We estimated a fluid dynamic 
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correction factor by the difference between injected and extracted amount of Cl- and SO4. The amount 
of metal release resulting was estimated by the total measured concentration over the entire pumping 
phase, corrected by fluid dynamic factor. The influence of pH on release of metals was used to 
estimate a field rate of release, considering an homogeneous porosity. These results highlights the role 
of hydroxide iron dissolution in the release of metals induced by artificial CO2 injection in aquifer. A 
kinetic reaction rate of ferrihydrite dissolution was estimated using empirical rate law and indicates 
that mechanism of ferrihydrite dissolution is ruled by a complex order of reaction, close to two. We 
propose that this complex order of reaction can be explained by the influence of complexation by 
sulfate and dissolved carbonate on the affinity of dissolution reaction and on complexation of active 






3.4.5. Estimation of reactive surface area of iron oxide 
 
In the previous section, the rate of element release was estimated considering that dissolution affect an 
homogenous bulk rock  
As previously developed, during the 80h of incubation time, no transfer/exchange of matter occurred 
into the aquifer. Therefore, variation in chemical concentration were considered as exclusively 
influenced by chemical reaction. During this phase, variation of reaction affinity can estimated 
between initial condition after the injection of CO2.  
3.4.5.1. Influence of mineral reactive surface area 
 
As extensively developed in part 1 and 2, in situ kinetic rates are extremely difficult to determine. In 
particular, the comparison between mineral weathering rates determined in the laboratory and in the 
field reveals large discrepancies. One of the main reasons for this discrepancy is due to the difficulty 
of estimating the reactive surface area of minerals (RSA). However, this estimation is necessary to 
model and predict the evolution of a CO2-water-rock system. Alternative approach exists to estimate 
reactive surface area of minerals using chemical data (Marini et al 2000, Malmstrom et al 2000, 
Sciewlevski and Zuddas 2010, Rillard and Zuddas 2012). Since the amount of reaction per unit of time 
is dependent of RSA variable, and RSA is poorly constrained, we can take the approach of using fluid 
chemical compositions to calculate RSA's accounting for the observed fluid compositions. 
 
3.4.5.2. Kinetic rate of reaction calculation and estimation of reactive surface 
area 
 
The dissolution of ferrihydrite Fe(OH)3 was identified as the major source of Fe(III) release. In our 
experiment, pH varied from neutral (pH=7.3) in baseline water, to acidic condition after the CO2 
injection (pH=5.7). Considering the dissolution of ferrihydrite Fe(OH)3 in acidic condition, we can 
write: 
Fe(OH)3 + 3H+ ↔ Fe3+ + 3H2O  log K=12,56* 
*logK value was taken from wateq.4f database 
 
Ferrihydrite dissolution induced release of trivalent iron Fe3+. Further, kinetic constant of reaction rate 
does exist for ferrihydrite dissolution in acidic and neutral condition (Pallandri and Kharaka 2004). 
The field rate of dissolution can be calculated by: 
 




where n corresponds to the number of mole added by reaction of the ith reactive species, and t tends for 
the time of reaction, therefore Ri is explained in mol/time. We can estimate the total mol of Fe3+ added 
by Fe(OH)3 dissolution T(FeIII.react) by: 
 
T(FeIII react) = (FeIII react -FeIII previous to injection) × V pump.  (3.4.12) 
 
Where the reactive time corresponds to the time since the injection stopped, FeIIIreact is the total 
number of moles of iron added by reaction, and V the pumped volume. The term Ri can be calculated 
between the time since injection stopped, where iron concentration is considered as equal to previous 
to injection concentration, and the peak of iron, observed after 0,323 m3 of pumped fluid . This point 
corresponds to an elapsed time of 80,9 hours since the injection stopped. As previously mentioned, 
Fe3+ was estimated by difference between FeII concentration and Fe(t). 
Ri can be defined as follows: 
 
ܴ݅ ൌ ்ሺி௘಺಺಺௥௘௔௖௧Ǥሻோ௘௔௖௧௜௩௘௧௜௠௘  (3.4.13) 
 
Kinetics dissolution rate can be determined using empirical rate law (Lasaga et al. 1994, Steefel and 
Lasaga 1994), including a pH dependency (Palandri and Kharaka 2004), defined as follows: 
 
ܴపഥ ൌ ሺͳെߗሻ݊  (3.4.14) 
 
Where Ω is the saturation index, n is the reaction order defined as a function of Ω, here chosen as 













቏  (3.4.15) 
 
Where r is the gas constant, T the temperature in Kelvin, ݇ଶହுା and ݇ଶହ௡௨ at kinetic rate constants 
determined at 25°C for neutral and acidic conditions respectively. The activity of H+ was fixed at 
pH=5.7, which corresponds to the pH of the injected solution and to the pH of the first sample 
collected 80h after injection. 





neutral mechanism acid mechanism  
k25 (mol/m2/s) Ea (kJ/mol) k25 (mol/m2/s) Ea (kJ/mol) 
Ferrihydrite Fe(OH)3 2.52×10−12 62.76 2.34×10−7 43.54 
 
Table 3.4.5: constant rate values (k) and activation energy values (Ea) used to calculate ܴ௜ 
 
Since R and തܴ are defined, reactive surface area can be defined by: 
 
ܴ௜ ൌ ܵ തܴ௜   (3.4.16) 
 
Where Ri corresponds to field dissolution rate, calculated by equation (3.4.11), and തܴ௜ corresponds to 
the absolute dissolution rate. Calculated values for all of the parameters are listed in Table 3.4.6: 
 
Parameters units calculated values  
Ri mol/s 5.051·10-8 
തܴ௜ mol/m2/s 2.954 10-12 
Reactive time hour 80,9 
pH in situ 5.7 
T(FeIIIreact) mol 0.0147 
Si m2 17100 
 
Table 3.4.6: List of parameter values used to quantify kinetic dissolution rate and results for reactive surface area 
calculation 
 
This result suggests that, at the peak of concentration of iron, the corresponding total RSA of 
ferrihydrite is equal to 17100 m2, (Table 3.4.6). 
 
Fe(III) oxide such as ferrihydrite are known to have large specific area. Shwertmann (1991), Hiemstra 
and Van Riemsdijk (2009) works based on BET method and multisite surface complexation model 
showed values range of 300 to 600 m2/g for natural and synthetic ferrihydrite. Our results are 
consistent with these data, suggesting that such important specific area for Ferrihydrite are plausible.  
 
It is important to note that high values of reactive surface area are not measurable by classical field 
technique used to evaluate porosity of soil and aquifer, based usually on hydraulic or electrical 
resistivity tests. It is important to keep in mind that by our calculation the total concentration of Fe3+ 
was considered as issued from ferrihydrite dissolution, thus the production of Fe3+ by oxidation of Fe2+ 
is considered as negligible. This hypothesis was made considering the important effect of Fe2+ 
speciation. According to speciation calculation (see part 3.3), 40% of total dissolved Fe is complexed 
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by SO42- and HCO3-. Therefore the oxidation of Fe2+ on Fe3+ was considered as negligible comparing 




3.5. Conclusion on field experiment 
 
We performed a field experiment consisting on injection of water saturated in CO2 following a single 
well push-pull test protocol in subsurface aquifer. The aquifer zone was situated in fractured 
sandstone, composed by quartz, dolomite, significant amount iron oxide-hydroxide and trace metals 
elements (Mn, Zn, As). 
Chemical analyses of water samples collected after CO2 injection showed, decrease in pH (from 7.3 to 
5.7), increase in alkalinity by a factor two(from 6·10-3 to 1·10-2 mol/L), and increase in pCO2 (from 1 
10-2 to 1,2 atm). Concerning major chemical elements, a weak increase in cations (+30% for Ca2+ and 
Mg2+) was observed. Higher enrichments were observed for dissolved metals, with increases by one 
order of magnitude for Fe and Zn, by factor five for Mn, and by a factor two for As.  
Thermodynamic calculation was used to identify main reactions paths that may controlled fluid 
composition, and metal speciation. Our results suggested that alkalinity production, calcium and 
magnesium release involved the dissolution of dolomite. Release of iron involved the dissolution of 
iron hydroxide (Fe(OH)3) and carbonate minerals (FeCO3). Eh values were calculated from FeII/FeIII 
measurements and compared to measured values. Our results suggested that redox conditions were 
controlled by reaction involving FeII-Ferrihydrite-Siderite. We proposed that source of FeII was 
dissolution of siderite and source of FeIII was dissolution of ferrihydrite. Main enrichments were 
observed for divalent metals (ZnII, FeII and MnII) potentially enhanced by speciation with 
hydrogenocarbonates and sulfates in the aqueous phase. Speciation calculation showed that proportion 
of 40% to 50% of total manganese, iron, and zinc was under the form of complex with sulfate and 
carbonate.  
Rates of release for dissolved metals were estimated by using measured concentration of Fe, Mn, Zn 
and As as a function of time since injection stopped and pumped volume. The influence of mixing 
between injected solution and baseline aquifer water was estimated by calculating percentage of 
recovery of injected mass of SO4, identified as inert tracer. We found a good correlation between rate 
of release and pH and pCO2. Rates of release were calculated by empirical rate law as a function of H+ 
concentration and revealed that involved reactions followed second order of reaction for Fe, Mn and 
As, and third order for Zn. Assuming that main sources of metal are dissolution of metal oxides, our 
results suggest that in our experimental conditions, dissolutions of metals oxide are not elementary 
reactions, but follow a complex order of reactions. Other mechanism such as complexation by 
carbonate and sulfate would affect dissolution of iron oxide. 
We suggest that dissolution kinetics of iron oxides were enhanced by formation of aqueous complexe 
and formation of surface ligand on metals oxides surfaces. Complexation of FeII might also affected 




However, main sources of arsenic and zinc could not be properly identified by thermodynamic 
approach. Mobilization of these elements were probably a combination of different phenomenas such 
as desorption from hydroxide surfaces, dissolution of sulfur species or carbonate species..  
Further, on the case of Ferrihydrite Fe(OH)3 dissolution, estimated field rate was compared to kinetic 
rate constant of ferrihydrite dissolution determined for pure minerals phase. By this approach the 
proportion of reactive surface area of ferrihydrite was estimated. Results suggested a reactive surface 
area of several thousand square meters. Such a value cannot be quantified by classical available field 
investigation method (i.e.porosity or permeability measurement). Therefore this confirms the 
importance of taking into account the reactive surface area of mineral for evaluating the storage 
capacity of reservoir and the risk of dissolved metals  involved with perturbation of pCO2. 
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4. General conclusion 
  
 The effect of CO2 perturbation on water-rock interactions processes in natural system was 
investigated in two different time and space scales. In both cases the approach was based on using 
fluid chemical composition as input data to evaluate the effect of CO2 perturbation on chemical 
equilibrium and kinetics of reactions in natural context. 
 
 In the first part of this work, our approach consisted on using chemical data from natural 
hydrothermal CO2-rich water, representing system with long-term (>1000 years) interaction processes, 
over a large space scale (~100km2). In the second part we performed a field experiment of CO2-water 
mix injection in a subsurface aquifer to study the impact pCO2 perturbation on groundwater 
composition and mineral-rock interaction processes, with special focus on dissolved metals behaviors. 
In the second case, observation time scale were 3 to 6 days, and space scale was ≤1000m2. 
 The evolution of chemical compositions showed that CO2 perturbation provoked systematic 
changes in pH, and alkalinity, as well as increase in the aqueous concentrations of naturally occurring 
major cations species. This increase in major cations and alkalinity was induced by minerals 
dissolution involved with fluid acidification. These observations were consistent with previous CO2 
injection experiments made in a deep sedimentary aquifer (Kharaka et al 2006, 2009), in a deep 
basaltic aquifer (Matter et al 2007), and in a shallow sedimentary aquifer (Kharaka 2010, Zheng 
2012).  
 Release of chemical elements induced by CO2 perturbation was studied by kinetic approach in 
order to estimate reactive surface area (RSA) of minerals using fluid chemical data. We found that for 
natural system such as geothermal field, the RSA cannot be determined by absolute values due to the 
lack of knowledge on the reaction time and reservoir properties. However order variation of mineral 
RSA can be estimated. Results showed that RSA could varied from two to four order of variation over 
the entire CO2 perturbation. 
 Results of field experiment showed that release of major cations (Ca2+ and Mg2+) involved 
with CO2 perturbation was induced by carbonate mineral dissolution such as dolomite. However, the 
observed increase in dissolved calcium and magnesium was not significant (nearly 30%). Despite the 
low increase in major cations, an increase of about one order of magnitude was observed for dissolved  
metals cations such as iron, manganese and zinc, and an increase by a factor two for arsenic. Higher 
enrichments were observed for bivalent metals MnII, ZnII, FeII. Chemical equilibrium calculation 
showed that 30% to 50% of total bivalent metals were complexed with hydrogenocarbonate and 
sulfate anions species. We propose that effect of complexation would explain the higher enrichment 
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for bivalent metals, by their affinity to complex which increases their solubility and accelerates their 
dissolution kinetics. Saturation index calculation showed that dissolution of metals oxide and 
hydroxide occurred after CO2 injection. Considering effect of fluid dynamic (transport and mixing), 
we estimated a fluid dynamic correction factor by the difference between injected and extracted 
amount of Cl and SO4. The amount of reactive elements resulting from the chemical reactivity has 
been estimated by the total measured concentration corrected by fluid dynamic factor. We proposed an 
empirical model of rate of metals releases R=k[H+]n. Results for iron and manganese showed that 
reaction operated following a second order of reaction. These results suggest that reaction are not 
elementary reaction. We propose that this complex order of reaction is explained by the influence of 
complexation by sulfate and hydrogenocarbonate on reaction mechanism. 
 
 This work highlighted that a small quantity of CO2 is sufficient to mobilize significant 
quantity of dissolved trace metals in mineralized reservoir rocks. Therefore this point should be 
carefully viewed to improve the safety of CO2 geological storage site. Enrichment in dissolved iron 
and manganese induced by CO2 perturbation observed over our experiment are comparable to previous 
published results by Kharaka et al (2006, 2009) where 1600 tones of CO2 was injected at 1500m depth 
in deep saline aquifer under supercritical states. In our case only 3m3 of water saturated in CO2 
(equivalent to approximately 6 kg of "pure" CO2) was injected in non supercritical state. Considering 
these results, the presence of metal oxide on the reservoir rock, and the combined effect of 
complexation of metallic cations with major anions such as SO42- and HCO3- should be evaluate for 
further investigation. Specific experiment for studying the dissolution kinetics of metals oxides as a 
function of pCO2, pH, and anions concentration (such as carbonate and sulfate) might be interesting 
for future work. The use of metals isotop such as 68Zn/66Zn; 57Fe/54Fe could constitute an interesting 
additional tool to identify main sources of dissolved metals, and may also be useful in the evaluation 
of complexation effect (Aucour et al 2011, Juillot et al 2011, Marechal and Albarède 2002). 
 
 To improve geochemical predictive models for long term CO2 geological storage, our 
experimental results and interpretation must be extended and compared to larger scale and different 
geological context. Further, the Reactive Surface Area of minerals appears as a key parameter to 
define source terms in geochemical model applied to carbon sequestration environments. Because of 
the lack of site-specific data for key model parameters such as suitable kinetic rate and mineral 
reactive surface areas, our results clearly point to the need for a comprehensive characterization of the 
rock-metal associations and CO2-water-rock interaction process in the subsurface to better constrain 
model results. Consequently, our geochemical model should be regarded as an exercise that yields a 
plausible, but uncertain interpretation of the chemical processes taking place in response to CO2 




 Despite the specific technological application, this work attempts to better understanding the 
basic of water-rock exchange occurring into natural environment. Phenomenology and model 
described will find a lot of implications in geosciences and environmental sciences, such as the 
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